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8.09.1 INTRODUCTION 

Geologists, like other scientists, tend to view 
the global carbon cycle through the lens of their 
particular training and experience. The study of 
Barlh's his lory requires a view both humbled by 
the knowledge of past global transformations and 
emboldened by the imagination of details not seen 
in the fragments of the rock record. In studying the 
past behavior of the carbon cycle, geologists are 
both amazed by unexpected discoveries and 
reassured by the extent to which "the present is 
the key to the pas\.·' Understanding the prcsent
day carbon cycle has become a matter of societal 

urgency because of concerns about the effects of 
human activities on atmospheric chemistry and 
global climate. This public limelight has had 
far-reaching consequences for research on the 
geologic history of the carbon cycle as well as for 
studies of its present and future. The burgeoning 
new "interdiscipline" of biogeochemistry claims 
among its adherents many geologists as well as 
hiologists, chemists, and other scientists. The pace 
of discovery demilllds that studies of the geologic 
history of the carbon cycle cannot be isolated from 
the context of present and future events. 

425 

This chapter describes the hehavior of the 
carbon cycle prior to human inHuence. 11 describes 
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events and processes that extend back through 
geologic time and include the exchange of carbon 
between the Earth's surface and the long-term 
reservoirs in the lithosphere. Chapter 8.10 empha
sizes carbon exchanges that are important over 
years to decades, with a foells on relatively recent 
human influences and prospects for change during 
the coming century. Chapter 4.03 presents an 
overview of the biogeochemistry of methane, 
again with emphasis on relatively recent events. In 
these chapters as well as in the present chapter, 
relationships between the carbon eycle and global 
climate are a central concern. Together, these 
chapters provide an overview of how our knowl
edge of the present-day carbon cycle can be 
applied 'both ·,to' 'contemporary "issues "and to -the 
record of the past. Similarly, these chapters 
collectively reflect the collaborative efforts of 
biogeochemists to utilize information about past 
variations in the carbon cycle to understand both 
Earth's history and modern ehanges. 

This chapter begins with an overview of the 
carbon exchanges and processes that control the 
variations observed in the geologic record of 
the carbon cycle. Then examples of past carbon
cycle change are .described, beginning, with ,the 
most recent variations seen in cores drilled from 
glaciers and the sea floor, and concluding with the 
distant transformations infeLTed from the rock 
record of the Precambrian. Throughout this 
treatment, three themes are prominent. One is 
that different processes control carbon cycling 
over different timescales. A second theme is that 
relatively "abrupt" changes have played a central 
role in the evolution of the carbon cycle through
out Earth's history. The third theme is that the 
geologic cycling of carbon over all timescales 
passes through the atmosphere and the hydro
sphere, and "it is this common course that unites 
the entire carbon cycle and allows even its most 
remote constituents to influence our environment 
and biosphere" (Des Marais, 2001). 

The description of geologic events in this 
chapter includes examples from a broad span of 
the geologic record, but does not distribute 
attention in proportion to the distribution of 
geologie time in Earth's history. Readers will 
note, in particular, a disproportional emphasis on 
the Quaternary period, the most recent but briefest 
of geologic periods. The reason for this emphasis 
is twofold. First, the quality of the available 
Quaternary record of carbon-cycle change is far 
better than that available for earlier geologic 
periods. Second, the Quaternary record reveals a 
particu1arly illuminating array of details about 
interactions among the atmosphere, the bio~phcre. 
and the hydrosphere-the subset of the carbon 
cycle Iha1 must be understood in order to 
comprehend carbon cycling over nearly all times 
and timcsca1cs. 

8,09.2 MODES OF CARBON-CYCLE 
CHANGE 

8.09.2.1 The Carbon Cycle over Geologie 
Til11cscales 

Throughout Earth's history, the principal forms 
of carbon in the atmosphere have been carbon 
dioxide (C02 ) and methane (CH4 ). These gases 
have played crucial, yet distinct, roles in the 
development of life forms and the alteration of 
Earth's surface environment. Carbon dioxide is a 
principal medium of photosynthesis, metabolism, 
and organic decomposition. Through its trans
formation in weathering and carbonate precipi
tation, it supplies a major portion of the Earth's 

··sedimentary rocks ·and contributes to the cycling 
of volatiles through the lithosphere. Methane 
represents the anaerobic side of .carbon cycling, 
from its importance in microbial metabolism to its 
release from organic matter trapped in rocks and 
sediments. While the major transfers of mass in 
the carbon cycle are usually associated with the 
cycling of carbon dioxide through the atmosphere, 
methane may have played a more important role 
in the past, and may be a more sensitive indicator 
of changes in Earth's processes. Together, carbon 
dioxide and methane are the primary compounds 
through which carbon cycling over all timescales 
has influenced the Earth's surface. 

Figures 1 and 2 depict the carbon reservoirs and 
fluxes that affect atmospheric CO2 and CH4, 

respectively, over geologic timescales. Estimates 
are shown for both the most recent glacial period 
and the Late Holocene Epoch prior to human 
influence. Numerical values in these figures are 
shown in the units most commonly used in the 
literature: petagrams carbon (Pg C, lOIS g carbon) 
for the transfer and storage of carbon and carbon 
dioxide, and teragrams methane (Tg CH4 , 1012 g 
methane) for the transfer and storage of methane. 
(For direct comparison between CO2 anel CH4 , 

Table l(c) includes estimates of CH4 fluxes and 
reservoirs in the units for carbon transfer and 
storage (Pg C).) In Figures 1 and 2, the vertical 
alignment of ~ach reservoir represents the 
approximate timescale over which it may signifi
cantly influence the atmosphere. The array of 
processes that can affect atmospheric CO2 and 
CH4 , and the spectrum of timescales over which 
these processes act, comprise a principal topic of 
this chapter. 

8.09.2.1./ The "carboll dioxide" 
carbon cycle 

Estimates of mallY LaIC Ho]oct:nc carbon iluxes 
shown in Figure! arc derived from values given 
by Houghton (sec Chapter 8.10) ilnd by Sarmiento 
and (Jru1x:f (2002) for the contemporary carbon 
cycle. adjusted for thc estimates of human 
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Figure 1 Reservoirs (PgC; boxes) and fluxes (PgC yr- I
; arrows) of the pre-industrial global carbon cycle. Values for glacial periods, where available, are shown in parentheses. 

Val lies for [he gl:lCial <Inc! pre-industrial (1750 AD) atmospheric carbon reservoir were calculated using CO2 concentrations of200 ppmv and 278 ppm'll, respectively, and the equation 
M'l (g) = (P" x 10'·'(') X (12.01/28.97) X (5.12 X 1021

), where P,l is the atmospheric CO2 concentration in ppmv, 12.01 is the atomic weight of carbon, 28.97 is the effective atmospheriC 
molecular weighL and 5.12 x 1021 g is the mass of the (dry) atmosphere. See Section 8.09.2.1.1 for further derivation of estimates for glacial reservoirs. Tbe vertical bar on the left shows 
the approximate lime (ill years) necessary for the different reservoirs to affect the atmosphere. The data for the figure are primarily from Chapter 8.10, Li (2000), Sanniento and Gruber 
C0(2). Sundquist (19BS), and Sundquist (1993) (see also Table lea»~. Atmospheric "balance" fluxes are shown to indicate the small net atmospheric exchange required to maintain a 
steady sla[c \'li[h respect to sedimentation of organic carbon and calcium carbonate. The terrestrial biospbere and oceanic reservoir values are rounded to the nearest 100 Pg C, total 
reaclivc 111~\riIlC sediments to the nearest 1,000 PgC, and all other reservoirs to the number of significant figures shown, according to the references cited in Table lea). All fluxes are 

rounded to one significant figure. 
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Figure 2 Reservoirs (Tg CH4 or Tg C) and fluxes (Tg CH4 yr-- I
) of the natural, pre-industrial methane carbon 

subcycle. Values for glacial periods, where available, are shown in parentheses. Values for reactive sediments, 
wetlands, unsaturated soils, and cmstal reservoirs represent organic carbon that might be converted to methane, and 
arc all given as Tg C Values for the glacial and pre-industlial (1750 AD) atmospheric reservoir were calculated 
using concentrations of 350 ppbv and 700 ppbv, respectively, and the equation Ma (g) = (Pu X 10-9) X 
(16.04/28.97) X (5.12 X 1021

), where Pa is the atmospheIic CH4 concentration in ppbv, 16.04 is the molecular 
weight of methane, 28.97 is the effective atmospheric molecular weight, and 5.12 X 1021 g is the mass of the (dry) 
atmosphere. See Section 8.09.2.1.2 for further derivation of glacial flux estimates. The vcr1ical bar on the left shows 
the approximate time (in years) necessary for the different reservoirs to affect the atmosphere. Estimates of methane 
consumption within reservoirs, from Chapter 4.03, are shown as dashed arrows (see Section 8.09.2.1.2). Gross 
production of methane within a reservoir can be calculated by a~lding the flux to the atmosphere and the consumption 
value. The flux and consumption values are rounded to the nearest 10 Tg CH4 or Tg C. See Table l(c) for the data 

sources. 

influence since -1750 AD, The adjustments for 
human influence are based on relatively well
known estimates of the historical cumulative 
increase in atmospheric CO2 (190 Pg C), and the 
corresponding uptake of CO2 by the oceans 
(I55 Pg C), These estimates are calculated hom 
the estimates in Chapter 8.10 of the Treatise for 
the period 1850-2000 AD, corrected to the period 
1750-2000 AD by adding 15 Pg C to the 
cumulative atmospheric increase (assuming a 
global mean atmospheric CO2 concentration of 
285 ppmv in 1850) and 15 PgC to the cumulative 
oceanic increase. As described in Chapter 8.10, 
these estimates can be used with the estimated 
cumulative CO2 production from burning fossil 
fuels (275 Pg C) to infer the net cumulative 
change in the amount of carbon stored in land 
plants and soils. This change is not applied to the 
estimates shown in Figure 1 because it is too small 
«50 Pg C) to be considered significant relative to 
probable uncertainties in the total size of the 
reservoirs. The adjustments for human influence 
can be compared to uncertainties suggested by 
the range of recent estimates in reservoir sizes 
and fluxes ill Table I (a). Table I (b) sholYS del ails 
of recent estimates of carbon in fossil fuel 
resources. 

Figure 1 and Table 1 (a) include cstil1lat~s of the 
"geologic" componcnts or the carbon cycle 

(weathering, river transport, sedimentation, vol
canic/metamorphic emissions, and the rock and 
sediment reservoirs), so called because they are 
generally more important over longer timescales. 
Some sediment processes (the burial and reminera
Iization of organic matter and calcium carbonate) 
may affect the atmosphere over timescales as short 
as a few thousand years. The sediment carbon 
reservoirs associated with these timescales are 
depicted in Figure 1 and Table 1 (a) as "reactive 
sediment" reservoirs (Sundquist, 1985), Although 
the estimated magnitude of these reservoirs is 
somewhat arbitrary and process-dependent (see 
Broecker and Takahashi, 1977; Sundquist, 1985), 
they are large enough to affect ocean-atmosphere 
chemistry significantly through such processes 
as carbonate dissolution and organic carbon 
diagenesis. 

Another large and potentially reactive sediment 
carbon reservoir is the pool of methane hydrates, 
shown as part of the "methane carbon subcycle" in 
l~igure 2. Methane is produced most commonly by 
anoxic bacterial lHelabolism of CO2 or of organic 
substrates derived ultimately from photosynthesis 
of CO2 . In the presence of oxygen or other 
electron acceptors containing oxygen, methane is 
oxidized to CO:> Thus the cycling of methane is 
depicted in Figure 1 as a sllbcyclc of the '·carbon 
dioxide" carbon cycle. The methane carbon 
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Table l(a) Representative range of recent estimates for natural, pre-industrial reservoirs and geologic fluxes of 
carbon (see Sundquist (1985) for a summary of older published estimates). 

Reservoir 

Atmosphere 
Oceans 

Surface laycr-·-.jnorganic 

Deep layer-inorganic 

Total organic 

Aquatic biosphere 

TelTcstrial biosphere 'and 'soils 

Vegetation 
Soil 

Reactive marine sediments 
Inorganic 
Organic 

Crust 
Sedimentary carbonates 
Organic carbon 

Mantle 
Fossi.l fuel reserves and resources 

Oil (conv. and UnCOllY.) 

Natural gas (conv. and 
lIncony.) 

Coal 

FllIX 

Carbonate burial 

Organic carbon burial 

Rivers (dissolved inorganic carbon) 

Rivers (total organic carbon) 

Rivers~dissolved organic carbon 

Rivers-particular organic carbon 

Volcanism 

Mantle cxchange 

590 

Size 
(Pg C) 

(3.71-3.90) X 104 

700-900 

(3.56--3.80) X 104 

685-700 

1-3 

2.0-2.3 X 103 

500-600 
(l.5-l.7) X 10' 
3,000 
2,500 
650 
(7.78-9.0) X 107 

6.53 X 107 

l.25 X 107 

3.24 X 10' 
(4.22-5.68) X 103 

636-842 
483-564 

(3.10-4.27) X 103 

Size 
(Pg C yr-') 

0.13--0.38 

0.05-0.13 

0.39-0.44 

0.30 .. ·0.41 

0.21-0.22 

0.17-0.30 

0.04-0.10 

0.022-0.07 

References 

See Figure 1 caption 
Sundquist, 1985, 1993; see Chapter 8.10 
Sundquist, 1985; Sarmiento and 

Gruber, 2002; see Chapter 8.10 
Sundquist, 1993; Sarmiento and Gruber, 

2002; sec Chapter 8.10 
Sharp, 1997; Hansell and Carlson, 

1998 (depths >1,000111); Doval and 
Hansell, 2000 

Falkowski et ai., 2000; Sarmiento and 
Gruber, 2002 

Sundquist, 1993; Sarmiento and 
Gruber, 2002; see Chapter 8.10 

Sundquist, 1993; see Chapter 8.10 
See Chapter 8.10 
Sundquist, 1985 

Holland, 1978; Li, 2000 
Li,2000 
Li,2000 
Des Marais, 200 I 
See Table 1 (b) for references 

References 

Berner et ai., 1983; Berner and 
Bemer, 1987; Meybeck, 1987; 
Dreyer et ai., 1988; Milliman, 1993; 
Wollast, 1994 

Lein, 1984; Berner, 1982; Berner 
and Raiswell, 1983; Dobroyolsky, 
1994; Schlesinger, 1997 

Bemer et al., 1983; Berner and 
Berner, 1987; Meybeck, 1987; 
Drever et al., 1988 

Schlesinger and Melack, 1981; 
Meybeck, 1981; Meybeck, 1988; 
Degcns ef al., 1991 

Meybeck, 1981; Mcybeck, 1988; 
Spitzy and Leenheer, 1991 

Meybeck, 1981; Milliman er al., 1984; 
rttckot, 1988; Meybeck, 1988 

Gerlach, 1991; Kerrick e! of., 1995; 
Arthur, 2000; Kerrick, 2001; 
Morner and Etiope, 2002 

Sano and Williams, 1996; Marty and 
To]stikhi)), J 9~)8; Des Marais, 200] 
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Table l(b) Global fossil fuel energy reserves and resources, in exajoules (EJ), and the equivalent carbon content in 
pelagrams carbon (Pg C). Fossil fuel reserves arC identified deposits that can be recovered using current technology 
under existing economic conditions. Resources are detlned as "the occurrences of material in recognizable form" 
(WEe, 2000) but not extractable under current economic or technological conditions. Resources arc essentially the 
amount of fossil fuels of "foreseeable economic interest." The differences between reserve and resource estimates 
illustrate the wide range of inherent uncertainties (geological, economic, and technological) in the reSOllrce cstimates. 
"Additional occurrcnces" refers to fossil fuels that are not believed to be potentially recoverable (Moomaw, 2001). 
Unconventional occurrences differ from conventional occurrences by either "the nature of existence (being solid 
rather than liquid for oil) or the geological location (coal bed methane or clatlu·ates)." Unconventional occutrences 

include oil shale, tar sands, coalbed methane, clathrates (Moomaw, 2001) . 

Reserves 
Oi1--c011 ventional 1 ,2,3.4.5,6 
Oil-unconventionaI 1

.
2 

Natural gas_conventional 1,2,3,4,5,6 
Natural gas-,unconvcntionaI 1,2 
Coal J .2.4,6 

Resources 
Oil_cooventionall.2.3.5.a 
Oil-unconventionaI 1,2.a 
Natural gas-conventional J,2,3.5,b 
Natural gas-unconventionaI1.2,b 

CoaJl.2 

Additional occurrences 
Oil-unconventionaI 1

•
2 

Natural gas-unconventional1.2 
Coa1 J,2 

EJ' 

5,908-6,759 
6,624-8,639 
5,058-6,311 
8,!D2 .. ,8;S94 

28,825-Al,985 

6,490-14,055 
14,860-15,397 
9,355-12,488 

10,787-11,458 
100,352 -125 ,059 

61,008-85,004 
15,979-17,904 

120,986-134,280 

. -----
Pg Cd 

111-127 
124·-162 
73-91 

117-125 
499-1,094 

122-264 
279-289 
136-181 
157 .. 167 

2,605-3,177 

1,145-1,596 
232-260 

3,122.-3,411 

References: INakicenovic el al., 1998; 2Moomaw 2001 OPCC); 3USGS World Energy Assessment. 2000; 4WEC. 2000; 5Masters ef al., 1994; 
60il and Gas Journal, 200 1, 
" For oil resources, the USGS World Energy Assessment (2000) estimnted that· there is a 5% probability that 16,466 El is recoverable, a 50% 
probability of 8,872 EJ and a 95% prObability of 4,283 E1. The mean values given in the assessment are used in the ranges shownllbove. b For natural 
gas resources, the USGS World Energy Assessment (2000) estimated thaI there is a 5% probability that 15,207 £1 is recoverable, a 50% probability of 
8,057 EJ lind a 95% probability of 3,946 E1. The mean values given in the assessment are used in the ranges shown above. C The CDIAC "Common 
Energy Unit Conversion Factors Table 4" (O'Hara, 1990; hup:!!cdiac.esd.om1.gov!pns/convert.html) was used to conver! all energy units to 
Exnjoules, d The energy units were converted to equivalent carbon content (PgC) using the methods detailed in Sundquist (1985) as well as the 
conversion factor for the average carbon cOlllent of coal (1 TJ = 25.4 ml carbon (ORNL Bioenergy Feedstock Development Programs, 2003-·http:// 
bioenergy.oml.gov/papers/misc/cnergy_conv.ht!llI)] in cases where the breakdown of coal rank was nO! available. 

subcycle is further described in Section 8.09.2.1.2, 
It is important to uote that, dming the early history 
of the Earth, the processes now associated with the 
cycling of CO2 may have emerged initially as a 
subcycle of the more prevalent cycling of methane 
(see Section 8.09.5). 

The amount of CO2 in the glacial atmosphere 
can be calculated accurately from the concen
tration of CO2 in bubbles of air trapped in ice that 
formed during the most recent glacial period. 
(These measurements are further described in 
Section 8.09.3.1,) The glacial atmospheric CO2 

concentration also provides a way to estimate the 
dissolved inorganic carbon (DIC) content of the 
glacial ocean surface mixed layer. DIC exists 
primarily in four forms: dissolved CO2 , carbonic 
acid (H2C03), bicarbonate ions (HCO,), and 
carbonate ions (CO~--), The ionic forms may 
combine with other ions to form complex ions in 
solutions sllch as seawater. Chemical reaction 
among the dissolved inorganic carbon species is 
rapid, and they occur in proportions that can be 
calculated from well .. known thermodynamic equi
librium relationships, CO2 exchange between the 
atmosphere and the mixed layer is so rapid that, 

for global estimates like those shown in Figure 1, 
the ocean surface layer can be considered to be 
near chemical equilibrium with the atmosphere 
(Sundquist and Plummer, 1981). The glacial-to
interglacial increase in ocean surface DIC, cone
sponding to the atmospheric CO2 increase 
(170 Pg C) shown in Figure 1, is estimated to 
have been -30 Pg C (Sundquist, 1993). 

Estimates of other carbon reservoirs and fluxes 
during the n,10St recent glacial period depend 
largely on estimates of the amount of carbon 
stored in the terrestrial biosphere. Becallse the 
transfer of carbon over timescales of thousands of 
years is limited largely to translocation among the 
atmosphere, the biosphere, and the oceans, a loss 
or gain of carbon in one of these reservoirs can be 
used as a good approximation for a corresponding 
gain or loss in the others. (see Section 8.09.2.2 
for discussion of this "rule" and ils possible 
exceptions.) Estimates of I-he glacial terrestrial 
biosphere arc referenced to the Latc Holocene 
or present-day terrestrial biosphere, either by 
reconstruction of ecological changes or by 
inference t-J-om the shift in the isotopic compo
sition of oceanic dissolved carbon. There is a 
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Table l(c) Representative range of recent estimates for natural (pre-industrial) fluxes and reservoirs of methane. 

Resen'oir 

f\1!11osphere 
Oceans 
Wei lands 

Reactive marine sediments (org. C) 
NOI1-\vetl,lIld soils 
Geologic<ll sources 

Crust 
Hydrates 
Dispersed gas in sedimentary basins 

i\J,llural gas reserves 
(pan of dispersed gas in sed. basins) 

FIIiX 

Oceans 

i'vlarine sediments 
\Vl"llancls 

Termiles 

V .... :ild fires 
Ccologic;d SOllfces 

(Hydrare.';, Jlv/calloes. 
I/([fl/m/ gos seeps, geothermal) 

Total source 

, Fluxl'S kss than 0.01 Pg C yr -I are rounded to O. 

Size 
(Tg CH4 or Tg C) 

1980 Tg CH4 
22-65 TgCH4 

(2.2-4.9) X ]0' Tg C 

6.5 X 105 Tg C 
9.7 X 105 TgC 

1.25 X 10 10 TgC 
5 X 105 ~ 2.4 X 107 Tg CH4 

1.6 X 106 Tg CH4 

(2.5-2.9) X 10' Tg CH. 

Size 
-I) (Tg CH4 yr 

0.4-20 

0.4-12.2 
92-260 

2-22 

2 
5-65 

159-290 

Size 
(Pge) 

1.5 
0.016-0.049 

224-489 

650 
970 

1.25 X 107 

4X 102-1.8x 104 

1.2 X 103 

190-216 

Sizea 

(Pg C yr- 1
) 

0-0.01 

0-0.01 
0.07-0.19 

0-0.02 

o 
0-0.05 

0.12-0.22 

References 

See Figure 2 caption 
Holmes et al., 2000; Kelley and Jeffrey, 2002 
Gorham, 1991; Botch et al., 1995; 

LappaIainen, 1996; Schlesinger, 1997, after 
Schlesinger, 1977; Clymo el al., 1998 

Sundquist, 1985 
Schlesinger, 1997, after Schlesinger, 1977 

Li,2000 
Kvenvolden and Lorenson, 2001 
Hunt, 1996 
See Table l(b) for references 

References 

Ehhalt, 1974; Watson et al., 1990; 
Fung et al., 1991; Chappellaz et al., 1993b; 
Lambert and Schmidt, 1993; Bange et oZ., 1994; 
Bates e( az', 1996; Lelieveld et oZ., 1998; 
Hoimes·et af., 2000; Kelley and Jeffrey, 2002 

Judd, 2000 
Fung et al., 1991; Bartlett and Haniss, 1993; 

Chappellaz et ai., 1993b; Cao et ai., 1996; 
Hein et al., 1997; Matthews, 2000: 
Walter et aZ., 2001 

Cicerone and Oremland, 1988; Chappellaz et al., 
1993b; Sanderson, 1996; Sugimoto et at., 1998 

Levine et al., 2000 
Chappellaz et al., 1993b; Hovland, 1993; 

Lacroix, 1993; Homafius et af., 1999; 
Judd, 2000, after Lacroix, 1993; Etiope 
and Klusman, 2002; Judd et af. 2002; see Chapter 4.03 

McElroy, 1989; Chappellaz et al., 1993b; 
Thompson et al., 1993; Martinerie et af., 1995; 
Etheridge et al., 1998; Brook et al., 2000 



432 The Geologic History of the Carbon Cycle 

broad consensus that the amount of carbon stored 
in vegetation and soils was smaller during the 
most recent glacial period than during the 
Holocene Epoch (Shackleton, 1977; Crowlcy, 
1995). Paleoecological reconstructions, based on 
data from soils and sediments (see, e.g., Adams 
et al., 1990; Adams and Faurc, 1998) or on models 
of glacial climate/vegetation relationships (see, 
e.g., Prcnticeet al., 1·993; Otto et 01., 2002), yield 
estimates of glacial carbon storage ranging from a 
few hundred to more than one thousand Pg C less 
than carbon storage in Holocene plants and soils. 
This broad range of estimates reflects diverse 
sources of uncertainty, including limitations in 
paleoclimatic and paleoecological data, climate 
models, and assumptions ,ahollt effects of atmos
pheric CO2, interactions between climate and 
vegetation, and amounts of carbon stored in 
various biomes and coastal environments 
(Prentice and Fung, 1990; Van Campo ef al., 
1993; Francois et 01., 1999). 

The carbon isotope record of marine sediments 
provides an important constraint on glacial/inter
glacial changes in carbon storage by the tenestrial 
biosphere. During photosynthesis, plants prefcr
entially assimilate I2C02, leaving the atmosphere 
relatively enriched in i3eo2. Carbon assimilated 
during photosynthesis by land plants may be 
depleted in 13C by -3-25%0 relative to the 
inorganic carbon source. (Carbon isotope compo
sitions are denoted by per mil (%0) differences in 
the ratio of 13C to 12C relative to a standard.) The 
extent of photosynthctic 13C depletion varies 
primarily because plants may use several different 
biochemical pathways to assimilate carbon. The 
ribulose-I,S-bisphosphate carboxylation, or "C3," 

pathway (also known as the Calvin cycle) is the 
most common and reduces the i3C : 12C ratio by 
-15 to 25%0 (O'Leary, 1988). The phosphenol
pyruvate carboxylation, or "C4," pathway is 
observed most commonly in corn and other 
grasses. Although the C4 pathway operates in 
close association with ribulose-l,5-bisphosphate 
carboxylation, the resulting reduction in the 
13C: 12C ratio is only -3-8%0 (Deleens et al., 
1983). Because the C3 pathway is the most 
common among land plants, this pathway prob
ably determined the average I3C : 12C ratio of the 
atmospheric CO2 transferred to and from veg
etation and soils during glacial/interglacial 
transitions. 

Exchange of atmospheric CO2 with the oceans 
extends the isotopic fractionation effect of land 
plants to the ocean DIe reservoir. Over timescales 
of ocean mixing, the carbon isotope effect of land 
plants is diluted but nevertbeless mcasurablc in 
the larger oceanic Dle reservoir. A significant 
global change ill the amollnt of photosynthesized 
carbon stored in plants and soils would be 
expeclcd to change the isotopic composition or 

carbon in atmospheric CO2 and oceanic DIC. The 
carbon isotope compositions of both atmospheric 
CO2 and oceanic DlC are also affected by other 
factors, most notably sea-surface gas exchange, 
chemical reactions among DIC species, and 
photosynthesis by marine organisms. For 
example, photosynthesis by marine organisms 
reduces the l3C : 12C ratio by - 10-30%0 (Deines, 
1980). Marine photosynthesis is widely believed 
to occur primarily via the C3 biochemical path
way, but effects of C4 photosynthesis by diatoms 
may account for part of the relatively wide range 
of carbon isotope ratios observed in planktonic 
ecosystems (Reinfelder et 01., 2000). Glacial! 
interglacial changes in the factors affecting 
oceanic isotope fractionation must be quantified 
in order to discriminate the carbon isotopic 
signature of changes in the terrestrial biosphere 
(Hofmann ef al., 1999). 

The isotopic fractionation effects of marine 
photosynthesis, gas exchange, and chemical reac
tions are most pronounced in atmospheric CO2 
and ocean surface DlC. Deep-ocean DlC is 
relatively unaffected by these factors. Thus, 
the carbon isotope effects of changes in the 
terrestrial biosphere are best seen in the fossils 
of organisms that form their shells in the deep 
ocean. Glacial/interglacial isotopic changes in 
oceanic DIC are recorded in the calcareous shells 
of organisms deposited in sediments, and isotopic 
changes in atmospheric CO2 are recorded in ice 
cores. These records generally indicate a glacial
to-interglacial increase in the l3C02 : 12C02 ratio 
of oceanic DIC by -0.3-0.5%, (Samthein et 01., 
1988; Curry et 01., 1988; Duplessy ef al., 1988; Ku 
and Luo, 1992; Crowley, 1995), and a correspond
ing increase in atmospheric CO2 by -0.1-0.5%0 
(Leuenberger et 01., 1992; Smith et al., 1999). 
Mass balance calculations based on these isotopic 
shifts imply a glacial-to-interglacial expansion of 
-400-800 Pg C in the amount of organic carbon 
stored in plants and soils (Sundquist, 1993; Bird 
et al., 1996). Sundquist (1993) suggested a range 
of 450- 750 Pg C, while Bird et 01. (1996) 
suggested a. range of 300-700 Pg C based on 
somewhat different assumptions. Here we derive 
an estimated range of 400- 800 Pg C ti'om the 
mass balance equations of Bird et al. (1996) 
applied to the range of atmospheric and oceanic 
carbon isotope shifts given in the text, and to a 
range of ~22%o to -25%0 (relative to the C0111m011 
PDB standard) for the l3C content of the carbon 
taken up by the biosphere during deglaciation. 
These calculations do not take into account the 
possible effect of increased mcthane production 
and oxidation during the period of deglaciation 
(lVlaslin and Thomas, 2003): sec Section 
8.09.3.J.3). 

The procedures described above provide a 
reasonable basis for estimating the redistribution 
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of carbon storage among the atmosphere, terres
trial biosphere, and oceans during the most recent 
glacial period. The mass balance of glacial carbon 
losses and gains, relative to Holocene values, can 
be tallied as follows: 

Glacial carbon losses: 

Organic carbon in plants 
and soils 

Atmosphere 
Ocean surface DIC 

Tatallosses 

Glacial carbon gains: 

Deep-ocean DIC 

400-800 PgC 

170 
30 

600-1,000 PgC 

600-1,000 PgC 

Although these calculations are used to derive 
the estimates of glacial carbon reservoirs shown in 
Figure 1, glacial carbon fluxes are much less 
certain and are not shown. 

8.09.2.1.2 The Hmethane" carbon suhcycle 

Estimates of Late Holocene CH4 fluxes and 
reservoirs are shown in Figure 2. Many of the flux 
.estimates in this figure are derived from the values 
for natural sources presented by Reeburgh (see 
Chapter 4.03) and Lelievcld ef al. (1998). 
Estimates of the carbon reservoirs that contribute 
to methane cycling have been added. The wetland 
soil and sediment organic carbon reservoirs 
estimated in Figure 2 are also represented in the 
soil and sediment reservoirs depicted in Figure 1, 
because these reservoirs may yield both CO2 and 
CH4 depending on environmental conditions. 
Uncertainties in the values shown in Figure 2 
can be infened from the ranges of estimates listed 
in Table l(c). 

Global fluxes of CI-I4 to and from the atmos
phere are generally smaller than those of CO2 

(Tables l(a) and l(c) and Figures 1 and 2). 
Although CH4 may be less significant in exchange 
of carbon mass, atmospheric CH4 can be an 
important indicator of changes in carbon cycling 
that do not entail large transfers of carbon. 
Moreover, atmospheric CH4 has direct importance 
for the carbon cycle due to its disproportionate 
influence on climate. 

A molecule of CH4 absorbs more than 20 times 
as much long-wave radiation as a molecule of CO2 

(Ramaswamy ef aI., 2001). In considering the 
climatic effects of different gases, their radiative 
properties are often compared using calculated 
indices such as the greenhouse warming potential 
(GWP; Shine ef 01., 1990), which is defined as the 
time-integrated radiative effect following an 
instantaneous injection of a particular gas relative 
to the eireet of an injection of an equal mass of 
CO2 , The (iVv'P is referenced to specific Illt(:'-
gratiol1 times in order to adjust for the diJTaent 

time trajectories of instantaneous trace gas injec
tions. The GWP of CH4 is 7 times that of CO2 over 
a 500 yr period (Ramaswamy ef aI., 2001). The 
increase in atmospheric CH4 that occurred during 
the time between the most recent glacial period 
and the Late Holocene Epoch (Figure 2) had a 
direct radiative effect that was approximately one
fifth that of the corresponding increase in 
atTIlosphericC02 {Figure 1) (Petit ef al., 1999). 
The relative impact of methane's radiative proper
ties on the global greenhouse effect is diminished 
by its low concentration and short lifetime in the 
atmosphere, but CH4 clearly plays an important 
role in the complex interactions between the 
carbon cycle and the climate system. 

As depicted in Figure 2 and detailed in Chapter 
4.03, the rate of CH4 release to the oceans and 
atmosphere is only a fraction of the rate at which 
CH4 is produced in anoxic environments. In 
wetlands and marine sediments, zones of CH4 

production are frequently overlain by or inter
spersed with zones where aerobic or anaerobic 
methanotrophic microbes are active consumers of 
CH4 (Reeburgh, 1976; Scranton and Brewer, 
1978; Yavitt ef al., 1988; Whalen and Reeburgh, 
1990; Moosavi ef al., 1996; R. S. Hanson and 
T. E. Hanson, 1996; Orphan ef ai., 2001; 
Hinrichs and Boetius, 2002). Although some 
CH4 may bypass oxidation in these zones by 
transport via bubbles or vascular plants (Dacey 
and Klug, 1979; Bartlett ef al., 1988), significant 
quantities of CH4 are consumed in these layers 
and therefore are not released to the atmosphere 
and oceans (Galchenko ef al., 1989; Oremland and 
Culbertson, 1992; Reeburgh ef al., 1993). This 
process is difficult to quantify (see Chapter 4.03), 
but it is probably a significant component of the 
"methane" carbon subcycle (King, 1992). Several 
studies suggest that additional CH4 may be 
produced in anoxic microsites within oxic soils 
and ocean environments, which arc on the whole 
net consumers of atmospheric CH4 (Yavitt et al., 
1995; I-Iohnes ef al., 2000; von Fischer and Hedin, 
2002). Thus the extent and magnitnde of the 
methane carbon subcycle may be greater than 
suggested by the fluxes and reservoirs shown in 
Figure 2. 

Surprisingly, CH" has an atmospheric lifetime 
longer than that of CO2 . "Atmospheric lifetime" is 
calculated here as the ratio of abundance in the 
atmosphere to the sum of annual sources or 
removals, assuming a steady state. Using the 
fiuxes represented in Figure], C02 would have an 
atmospheric lifetime of ~4~5 y1'. However, this 
calculation does not ref-leet the full extent of 
cycling of COl through plants because it considers 
only net primary production and heterotrophic 
respiration. When the cycling of CO2 via gross 
primary productivity and autotrophic respiration is 
taken inln accoullt, the exchange of COl between 
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the atmosphere and the ten-estrial biosphere is 
approximately doublc:;d, and the atmospheric life
time of CO2 is reduced to "-'3 yr. The atmospheric 
lifetime of CH4 is calculated li'OJ11 the fluxes 
depicted in Figure 2 to be ~ 11 yr. For the glacial 
values shown in Figure 2, the atmospheric lifetime 
of CH4 is decreased to ~8 yr. Because the 
atmospheric oxidation of Ca, is coupled to the 
abundance of OH and other reactants, its atmos
pheric lifetime may vary (Prinn ef ai., 1983; 
Lelieveld ef 01., 1998; Breas ef al., 2002). 

CO2 is removed from the atmosphere by 
exchange with the biosphere, the oceans, and the 
lithosphere. The primary mechanism for removal 
of atmospheric CH4 is chemical oxidation in the 
atmosphere without further exchange. Thus, while 
atmospheric CO2 is controlled by exchange with 
other components of the carbon cycle, the 
concentration of CH4 in the atmosphere reflects 
a balance between its rate of supply to the 
atmosphere and its oxidation in the atmosphere. 
This fundamental difference in control mecha
nisms affects the time dependence of responses of 
atmospheric CO2 and cr'[4 to relatively abrupt 
perturbations. The response of CH4 will occur 
rapidly through. effects on its rate of .oxidation. in 
the atmosphere, whereas the response of CO2 will 
be mediated by the more complex array of 
processes that govern its rate of exchange with 
other large carbon reservoirs and the rates of 
response of those reservoirs. Thus, even though 
CH4 has a longer atmospheric lifetime than COlo 
the response of atmospheric CH4 to perturbations 
will tend to be more rapid. 

Methane is oxidized plimarily in the tropo
sphere by reactions involving the hydroxyl radical 
(OB). Methane is the most abundant hydrocarbon 
species in the atmosphere, and its oxidation affects 
atmospheric levels of other important reactive 
species, including formaldehyde (CB20), carbon 
monoxide (CO), and ozone (03) (Wuebbles and 
Hayhoe, 2002). The chemistry of these reactions is 
well lmown, and the rate of atmospheric CH4 

oxidation can be calculated from the temperature 
and concentrations of the reactants, primarily CH4 

and OII (Priml ef al., 1987). Tropospheric OH 
concentrations are difficult to measure directly, 
but they are reasonably well constrained by 
observations of other reactive trace gases 
(Thompson, 1992; Martinerie ef al., 1995; Pril1!l 
ef 01., 1995; Prinn ef al., 2001). Thus, rates of 
tropospheric CH4 oxidation can be estimated from 
knowledge of atmospheric CH4 concentrations. 
And because tropospheric oxidation is the primary 
process by which CH4 is removed frol1l the 
atmosphere, the estimated rate of CH.+ oxidation 
provides a basis for approximating the total rate of 
supply of CH+ to the atmosphere from all sources 
at steady stale (see Section 8.09.2.2) (Cicerone 
and Orcmland. J (88). 

Atmospheric CH4 concentrations during the 
Late Holocene Epoch and the most recent glacial 
period are known from analyses of air bubbles in 
ice cores (see Section 8.09.3). These concen
trations provide the basis for calculating the rates 
of atmospheric CH4 oxidation and total rates of 
atmospheric CH4 supply shown in Figure 2 
(Chappellaz ef al., 1993b; Martinerie ef al., 
1995; Lelieveld ef al., 1998). Althongh these 
overall budgets are reasonably well deter
mined, the relative contributions of individual 
sources contributing to the atmospheric CH4 
supply are less well known (Cicerone and 
Oremland, 1988). Likewise, the sizes of the 
reservoirs other than atmospheric CH4 can only 
be approximated. 

Methane hydrates comprise the largest CH4 
reservoir in the methane carbon subcycle. 
Methane hydrates are formed when abundant 
dissolved methane accumulates under specific 
conditions of cold temperature and high pressure. 
These conditions commonly occur in marine 
sediments below water depths of a few hundred 
meters, and in continental sediments at high 
latitudes (Figure 3). When environmental con
ditions in these locations change, methane 
hydrates may become unstable and yield large 
quantities of dissolved and gaseous methane. The 
sensitivity of methane hydrates to changing 
environmental conditions implies that they may 
have played a role in past carbon-cycle changes 
(see Sections 8.09.3.3 and 8.09.4.4). 

8,09,2,2 Timescales of Carbon-cycle Change 

In studying the many factors that contribute to 
carbon-cycle change over geologic timescales, 
geochemists commonly observe that the relative 
importance of various processes and reservoirs 
depends on the timescale under consideration. The 
time axes shown in Figures 1 and 2 portray 
approximate timcscales over which various fluxes 
and reservoirs may influence the atmosphere. 
With important exceptions (see below), these 
timescales can be used to categorize components 
of the carbon cycle into time-related frames of 
reference (Sundquist, 1986). Over relatively short 
timescales (lip to ~103 yr), the most common 
variations in atmospheric CO2 and CH4 involve 
exchange with only the terrestrial biosphere and 
the oceans. Over somewhat longer timescales 
(.~ 1 (f'l - J 05 Y1'), the frame of refc;ence must be 
expanded to include "reactive" carbon in the 
uppermost layers of marine sedimcnls. Over 
limcscalcs or millions of years and longer, the 
frame of reference must include carbon in the 
Earth's crust. 

These frames of reference define t11J1damcntally 
different modes of carbon-cycle change. Over the 
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Oceanic methane hydrate Continental methane hydrate 
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Figure 3 (a) Phase boundary and stability fields for methane hydrate. The vertical axis represents pressure, increasing 
downward and plotted as equivalent depth (km) assuming hydrostatic pressure. (b) The same phase boundary as shown 
in (a) in a marine environment, with seafloor insetted at2 km, and a typicall11arine temperature profile through the water 
column and seafloor (dashed line). The dark gray area denotes the vertical extent of methane hydrate under the specified 
conditions (after Dillon, 2001, figure 2). (c) The phase boundmy of methane hydrate in a high-latitude continental 
environment, plotted with a typical temperature (geothermal) gradient (dashed line) and showing depths assuming a 
hydrostatic pressure gradient. The dark gray area denotes the vertical extent of methane hydrate stability, under the 

specified conditions (after Kvenvoldcn and Lorenson, 2001, figure 1). 

times cales of Quaternary glacial/interglacial 
cycles, changes in atmospheric CO2 and CH4 
reflect primarily the redistribution of carbon 
among the atmosphere, biosphere, and oceans, 
with important contributions from reactive sedi
ments. Over timcscales of millions of years and 
longer, atmospheric CO, and CI-I4 are controlled 
not only by carbon cycling at the Earth's surface, 
but also by the balance between long-term 
releases from the Earth's crust and carbon 
burial in sediments. With respect to the ocean
atmosphere~biosphere system, these relatively 
short-term and long-term carbon-cycle modes 
can be characterized respectively by internal 
redistributions and external exchange. Both 
modes of change operate simultaneously, and 
sorting out their effects is one of the most 
challenging problems in understanding the 
geologic evidence for carbon-cycle change (see, 
e.g., Sundquist (1991». 

The dynamic behavior of the carbon cycle and 
other complex systems may tcnd toward con
ditions of no change or "steady state" when 
exchanges are balanced by feedback loops. For 
example, model simulations of historical and 
projected effects of anthropogenic CO2 and CH4 

emissions are usually based on an assumed 
carbon-cycle steady state before the onset of 
human influence. It is important to understand 1113t 

the concept of steady state refers (0 an approxi
mate condition within the context of a p~lrticular 
time-depende.nt frame of reference. Sundquist 
(1985) examined this problem rigorously using 
eigennnalysis of a hierarchy or carbon-cycle hox 
modcis ill vvhich boxes \verc mathematically 

added and "lumped" to span a broad range of 
timescales. This analysis demonstrated that the 
nature and accuracy of any geochemical steady
state approximation depends on the timescale of 
interest and the defined frame of reference for that 
timescale. For example, the particular steady-state 
approximation used in projecting atmospheric 
CO2 and CI-14 concentrations for the next century 
might not be appropriate for projections over 
timescales of hundreds to thousands of years 
(Sundquist, 1990b). 

Recent studies of the geologic history of the 
carbon cycle have revealed many surprising 
examples of relatively abrupt change that cannot 
be characterized by the time-scale relationships 
depicted in Figures 1 and 2. While time
dependent frames of reference and steady-state 
approximations have provided a basis fOf many 
advances in understanding the carbon cycle, it is 
clear that these cOl}cepts are not adequate to 
gllide studies of events such as bolide impacts 
or methane hydrate outbursts. A rigorous 
theoretical treatment of abrupt events is beyond 
the scope of this chapter. We offer two 
examples anci some general comments in 
Section 8.09.4.4. 

8.09.3 THE QUATERNARY RECORD OF 
CARBON·CYCLE CHANGE 

The study of the Quaternary 11islory of the 
glob;!l carbon cycle is powerfully constrained by 
the analysis of air trapped in ice from the 
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continental ice sheets of Greenland and Antarctica. 
Cores taken from glacial ice and tim have yielded 
samples of air ranging in age from a few decades 
to more than 400,000 yr. The ice cores provide 
direct evidence of past variations in atmospheric 
concentrations of CO2• CH4, other greenhouse 
gases, aerosols, and dust. These variations in 
atmospheric chemistry reflect variations in globaJ 
carbon cyding. The ice cores also ofter a record of 
climate change that can be closely conelated with 
the record of carbon-cycle variations. The ice-core 
record from ice sheets provides compelling 
evidence for the intimate association between 
climate and the carbon cycle over a broad range of 
timcscales. 

8.09.3.1 Analysis of CO2 and CH. in Ice Cores 

The analysis of ice-core gas chemistry presents 
a very challenging technical problem. The gas 
samples are extremely small (a 109 sample of ice 
might yield less than 1 cm3 of trapped air 
(Schwander and Stauffer, 1984», and they are 
very susceptible to alteration during extraction 
and analysis: Because 'C02 might dissolve in 
melted ice or condensed water vapor, the extrac
tion of samples of this gas must be conducted by 
crushing the ice in cold and completely dry 
conditions (Delmas et al., 1980). Methane is 
generally not extracted with CO2 because friction 
during the dry crushing process may produce CH4 

(Stauffer ef ai., 1985). F0l1unately, CR, is less 
soluble in water than CO2 , so the extraction of 
samples for CH4 can be accomplished by melting 
the sample (see, e.g., Rasmussen and Khalil 
(1984) or by special grinding techniques 
(Etheridge et al., 1988». Other sampling and 
analytical difficulties include the effects of 
breakdown of clathrates, which are the principal 
form of in situ gas storage in the deepest and 
coldest ice (Neftel et al., 1983). Techniques to 
address these problems have been pioneered by 
the icc-core laboratories of the University of Bern 
in Switzerland, the Laboratoire de Glaciologic et 
de Geophysique de l'Environment in Grenoble, 
France, and the Division of Atmospheric Research 
at CSIRO in Australia (see the many references to 
work from these laboratories in Table 2). 

Ice cores can be dated by counting annual 
layers, modeling ice accumulation and flow, and 
correlating recognizable events with other datable 
records (see, e.g., Dansgaard et al., 1969; Johnsen 
et aI., 1972; Hammer ef al., 1978). However, the 
entrappen air is significantly younger than the 
surrounding icc, because the air is not completely 
iso13ted from the atmosphere until burial to depths 
that may exceed 100 111 (Schwandcr and SumffcL 
1984). An additional probkm arises because the 
process or cOl1lplete bubble enclosure (coinciding 

with the conversion of granular fim to solid ice) 
occurs gradually during ice accumulation. Thus, 
the bubbles of air trapped at any particular depth 
are not only younger than the surrounding ice, but 
they also represent a range of ages reflecting the 
range of depths and times of bubble enclosure. 
Ice-core gas samples are generally too small, and 
many are too old, for radiocarbon dating of the 
enclosed carbon compounds. Thus the dating of 
ice-core gas records is very difficult. 

Ice-core gas samples are typically dated by 
applying an age~difference correction relative to 
the age of the enclosing ice, based on the offset 
inferred from an estimate of the depth of bubble 
enclosure. An age range is also assigned based on 
the estimated rate of bubble enclosure during ice 
accumulation. The dating of gas samples therefore 
depends on assumptions about the physical 
properties of lim and ice during periods of past 
accumulation. Fortunately, these properties can be 
estimated from models confirmed by observations 
in modern lim layers (Schwander and Stauffer, 
1984) and extrapolated to past climatic conditions 
inferred from the ice record itself (Schwander 
et al., 1997). Corrections and uncertainties are 
larger for ice that accumulated more slowly, and 
thus they vary according to changes in accumu
lation conditions from location to location and 
through time (Schwander et ai., 1997). For 
example, the age difference between the ice and 
the air entrapped during the most recent 200 years 
at the Siple Station (in Ellsworth Land, West 
Antarctica) is estimated to be 80-85 yr (Neftel 
et ai., 1985), whereas the corresponding age 
difference for the more slowly accumulating ice 
at the Dome C site (on the polar plateau in East 
Antarctica) approaches 5,500 yr for samples from 
the last glacial maximum (LGM) (-18-24ka) 
(Monnin ef ai., 2001). The range of gas ages at any 
given depth likewise depends on the accumulation 
rate of the ice. Where accumulation rates are 
relatively low, the range is generally 5-10% of 
the age difference between the ice and the 
enclosed air. The relative range may be higher in 
ice that accumulates more rapidly. For ice cores 
that provide records of relatively recent trends, 
estimates of the gas age difference conectl0n and 
age range can be confirmed by comparison with 
historical atmospheric measurements (see, e.g., 
Levchenko et ai., 1996). However, these estimates 
are less certain for longer ice-core records. 
Uncertainties in the dating of icc-core gases arc 
an important concern in efforts to correlate the 
ice record of carbon-cycle changes \vith other 
variations recorded in the icc itself. 

Some ice-core. gas samples do not represent old 
air because they have undergonc postdepositional 
alteration. 1n glaciated regions where scasonal 
melting occurs, the frozen and buried melt 
layers arc enriched in CO.:- (Ncl-'!el ef 0/., 1983). 
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Table 2(a) Carbon dioxide data from polar ice cores. Carbon dioxide concentrations and carbon isotope values (in per mil relative to the PDB standard) are listed for the LGM 
(-I R-24 ka), the Holocene Epoch (1-10 ka), and the most recent pre-industrial part of the Holocene Epoch (1000-1800 AD). Key references for the CO2 data from each core site are 
listed in the right-hand column. The superscript letters in the data table indicate the references from which the indicated values were derived. Values for Vostok (LGM and Holocene) 

Sire 

Vostok 

Lm 
Dome 

T.tylor 
J.)(lll1C 

Siple 
Dome 

Byrd 

Location 

78°28' S, 
106°48'E 

660 46' S. 
112°48' E 

77° 481 S, 
158°43'E 

75° 55! S. 
8::;" 5S W 

80'01' S. 
119°31 1

\\/ 

DClfa type 

co, 

CO2 

ODeo=,: 

CO, 

8 13C02 

CO, 

Oi3C0 2 

e02 

were calculated for this table from the numerical data cited. 

LGM 

187.7:': 2-3 ppmv' 

186-190 ppmv"·d 

-7.5 to -7.0%0 
(18-16.5 ka)" 

~200 ppmv<i 

Holocene 

266.2 ± 2-3 ppmv<l 

-275 ppmv ± 7.5 (avg Ho1.)h; 
268 :': 1 ppmv (10.5 ka); 
260 :': I ppmv (8.2 ka); 
slow increase to 285 ppmv (1 kat 

-6.4 ± 1.6%0 (avg)\ -6,6%0 (11 ka), 
-6.3%0 (8 ka), slow decrease to 
-6.1%0 (I ka)b (uncertainty: 
:':0.085%,) 

unreliable Holocene values, no 
results from 8.7 -2.2 ka 
(brittle zone)b; -280 ppmv (with 
40 ppmv fluctuations-early Ho!)<l 

Pre-industrial Holocene 

275-284 (:':1.2) ppmv 
(1000--1800) with lower 
levels during 1550-1800 AD::'; 
279.2 ppmv (1006 AD)b 

-6.44 :': 0.013%, (1006 AD) 

-6.5%Ob 

280 :': 5 ppmv (1750); 
279:': 3 ppmv (1734-1756 & 
1754-1776)"; 276.8 ppmv 
(1744)" 

-6.48:': 0.15%, (1744); 
-6.41 %0 (avg of 3 samples 
from before 1800) 

References 

Lorius et al., 1985; 
Bamola et al., 1987~ 
Bafnola et al., 1991; 
louzel et al., 1993; 
Fischer et aI., 1999; 
Petit et aI, 1999a 

Peannan et al., 1986; 
Etheridge et al., 1988; 
Etheridge et al., 1996Cl ; 
Francey ef al., 1999b; 
J005 et ai., 1999; 
Gillett et ai., 2000 

Francey et al., 1999 

Smith et ai., 1999<l~ 
Fischer et al., 1999b; 
Indermuhle et ai., 1999c; 
IndermubJe et al., 2000d 

Smith et al., 1999:\ 
Indermuhle et al., 1999b 

Neftel et al., 1985<1: 
Friedli et ai., 1986b 

Friedli et cd., 1986 

Berner et ai., 1980; 
Neftel et at., 1988Cl; 
Stauffer et ai., 1998; 
Indermuhle et al., 1999b 

(continued) 



Tahle 2(a) (continued). 

Site Location Data type LGM Holocene Pre-industrial Holocene References 

O'3CO, -6.84 ± 0.12%, early Holocene: ~6.65 ± 13%0; -6.S2 ± 0.12%, Leuenberger et al.. 1992 
avg: ~6.78%0 (excluding 
samples from blittle zone) 

Smllh 90" S, 0" CO, 283 ± S ppmv Neftel et aI., 1985\ 
Pole (avg 430-770 yr BP)b; Friedli et al., 1986b

; 

278 ± 3 ppmv (1660-1880)'; Siegenthaler et aL, 1988 
281 ± 3 ppmv (1450-1670)'; 
279 ± 4 ppmv (9S0-1170)' 

1)13
C02 -6.69 ± 0.8%, (avg. Friedli et at., 1984; Stauffer 

430-770 yr BP) and Oeschger, 1985b
; 

(uncertainty: 0.22%ofl; Siegenthaler et al., 1988 
~6.34 ± 0.3%0 
(SOO-1000 yr BP) 
(uncertainty: 0.22%0)b 

DOI11(, C 75° OG.' S. CO2 188 ppmva 265 ppmv (Early Holocene): Lorius et al., 1979; 
123~24' E variation during Delmas et al., 1980; 

HoI: 260-280 ppmv" Motmin et al., 200 I a; 

Flui::kiger et aL, 2002 
D47 61') 23' S, CO? 240 ppmv (6.0 ka) to 270 ppmv 273.2 ppmv (914 AD) Bamola et aZ., 1995 

JS.;j."03'E (6.8 kay: slow increase to 
280 ppmv 

D57 6S"" 11.' S. CO, 284.8 ppmv (1310 AD) Bamola et az', 1995; 
137°33'E Raynaud and Bamola, 1985 

(lISP1 72'" 36' N. CO2 ~195 ppmvb 27S ± 9 ppmv (3.1-1.9 ka)b 280 ± 5 ppmva Wahlen et al., 1991 a
; 

38"30' W Smith et at., 1997b 

GRIP 72"35' K CO2 20S ± 19 ppmvb 280-287.4 ppmv (946 AD)' Bamola et a1., 1995°; 
37"" 38' \V AnkIin et al., 1995', 

AnkEn el al., 1997b 

elmp 77" 12.' N. CO2 -200ppmv Berner et az', 1980 
Century 61°061 W 



Table 2(h) Methane data from polar ice cores, and Mt. Logan ice core (Yukon Tenitory, Canada). Methane concentrations are listed for the LGM (~18-24 ka), the Holocene Epoch 
(! -I () ka). and the most recent pre-industrial part of the Holocene Epoch (1000-1800 AD). Key references for the CH4 data from each core site are listed in the right-hand column. 
The superscript letters in the data table indicate the references from which the indicated values were derived. Values for Vostok (LGM and Holocene) and Dome C (LGM and Holocene) 

Site 

Vostok 

Law Dome 

Taylor Dome 

Dome C 

Siple Dome 

Byrd 

South Pole 

GlSP2 

GRIP 

Camp CCIlIury 

Dye :; 

.1\111. Logan (Yukon 
Territory) 

Location 

78°28' S, 
. I06'48'E 

66' 46' S, 
112'48' E 

77' 4f1! S, 
158' 43' E 

75'06' S, 
123° 24' E 

75° 55' S, 
83°551 w 

80'01' S, 
119'31'W 

90' S, 0' 

72° 36' N, 
38'30' W 

72'35' N, 
3T38' W 

7T 12' N, 
61'06' W 

65° 12' N, 
43°481 W 

GO° 35' N, 
140°35' W 

were calculated for this table from the numerical data cited. 

LGM Holocene Pre-industrial Holocene 

369 ± 20 ppbvn 620.6 ± 20 ppbvn 

avg: 695 ppb, with -40 ppbv 
variation on century 
timescale (1000-1800 AD) 

377 ± 7 ppbva 534 ± II ppbv (5-7 ka) 
(1 data point)n 

367 ± 10 ppbv" 673 ppbv (9-1 Ll lea); 653 ppbv (0.5-1 ka)b 
Variation during Hal: 
562-674 ppbv" 

780 ± 90 ppbv (1771) 

350 ± 25 ppbv' 650 ± 25 ppbva 

840 ± 60 ppbv (1630) 

395 ± 5 ppbvb -730 ppbv (early Holocene)'; 
drop at 8.2 ka to mid-Hal 
values of -575 ppbv; 

362 ± 2.6 ppbvb 
slow rise beg at 3 kaa 

654 ppbv (avg); 617 ± 2 710 ± 2 (0.25-1 ka)' 
(2.5-5 ka), 608 ± 5 (5-7 ka), 
718 ± 3 (9.5-11.5 ka)' 

700 ± 30 ppbv 

350 ± 40 ppbv" 650 ± 30 ppbv' 

750 ± 60 ppbv (1802) 

References 

Chappellaz et 'aI., 1990; louzel et al., 
1993; Blnnier et 01., 1998; 
Petit et al., 1999a 

Pearman et ai., 1986; Etheridge el 01., 
1992; Etheridge et of., 1998 

Steig et af., 1998; Brook et af., 2000a 

Monnin et af., 2001"; Fluckiger et ai., 
2002b 

Stauffer et af., 1985 

Rasmussen and Khalil, 1984; 
Stauffer et til., 1985a

; Chappellaz 
et 01., 1997; Blunier et 01., 1998; 
DaIlenbach et aI., 2000 

Stauffer et oZ., 1985 

Brook et af., 1996n; Chappellaz et aE., 
1997; Sowers ef 01., 1997; 
Brook et of.; 1999; Brook et at., 
2000b; Blunier and Brook, 2001 

Raynaud et a/.; 1988; Blunier el 01., 
1993; Chappellaz ef ai., 1993a; 
Blunier et 01., 1995; as corrected 
by Chappellaz ef ai., 1997'; 
Blunier et ai., 1998; 
Dallenbach ef 01., 2000b 

Rasmussen and Khalil, 1984 

Craig and Chon, 1982; 
Stauffer et ai., 1988" 

Dibb ef al., 1993 



440 The Geologic History of the Carbon Cycle 

High CO2 concentrations may also be caused by 
chemical reactions among other constituents 
buried in the fim and ice. For example, many 
features of the CO2 record in ice cores from 
Greenland are probably not reliable because of 
reactions between carbonate dust and trace 
acidic compounds in the ice (Delmas, 1993; 
Anklin et al., 1995), Oxidation of organic 
compouuds lllay Jikewise.produce .C02 that 
contaminates the CO2 in entrapped air (Haan 
and Raynaud, 1998; Tschumi and Stauffer, 
20(0). In situ bacterial activity is another possible 
source of contamination (Sowers, 2001). 

Other postdepositional changes may be caused 
by physical fractionation of gases in the thick and 
porous tim layer. Gravitational fractionation 
causes gases with higher molecular weights to 
be enriched at the depths of bubble enclosure. 
Although this process has a relatively minor effect 
(less than 1 %) on concentrations of gases like CO2 
and CH4 in air, it can significantly alter the more 
subtle concentration differences among species 
that differ only in their isotopic compositions 
(Craig ef al., 1988; Schwander, 1989). Similarly, 
thermal fractionation among different isotopic 
species may occur under conditions when a 
change in temperature at the ice surface is large 
and persistent enough to cause a temperature 
gradicnt in the tim (Severinghaus ef al., 1998). 
Additional fractionation may occur due to mole
cular size exclusion during bubble enclosure 
(Craig ef al., 1988). These effects must be taken 
into account in intelvreting the stable isotopic 
compositions of ice-core gas samples, 

Because of the possibility of postdepositional 
alteration, and the other problems relating to 
extraction, analysis, and dating described above, 
ice-core records are most compelling when 
they can be shown to agree across different 
locations, accumulation conditions, and analytical 
procedures. These conditions have been 
demonstrated for many ice-core gas records, For 
example, Table 2 shows the agreement among 
records of CO2 and CH4 concentrations during the 
LGM (-18 - 24 lea) and the Holocene Epoch. The 
agreement among some ice-core gas records is so 
substantial that more detailed time-dependent 
features have proven to be an important tool in 
the correlation of variations in other properties of 
the ice cores. Millennial variations in atmospheric 
methane concentrations, recorded in ice cores 
from both Antarctica and Greenland, provide a 
basis for detailed correlation between ice-core 
records from these locations (Steig e! u/., 1998; 
BInnieI' et CI/., 1998; BInnieI' et 01., 1999; Blnnier 
and Brook, 200 J), More gradual variations in the 
isotopic composition of atmospheric oxygen arc 
likewise rdlected in gases extracted from ice 
corcs in b01h Greenland and i\nt:lrctica (Sowers 
and lknder. ! 9(5). Becallse variations in the 

isotopic composition of atmospheric oxygen are 
controlled mainly by the isotopic composition of 
oxygen in seawater, the isotopic record of oxygen 
in ice-core air provides not only a tool for 
correlation among ice-core gas records, but also 
a robust meanS of correlation with the widely used 
marine oxygen isotope record measured in marine 
sediments (Shackleton, 2000). 

8.09,3.2 Holocene Carbon-cycle Variations 

Recent anthropogenic influences on greenhouse 
gases are clearly documented in ice-core records. 
Several ice cores from Antarctica provide strong 
evidence that the atmospheric concentration of 
CO2 before the onset of human influence was 
280 ± 5 ppmv, and ice cores from both Antarctica 
and Greenland document CH4 levels of 650-
730 ppbv before human influence (see Table 2 and 
references therein). Modern (2000 AD) atmos
pheric concentrations of CO2 and CH4 are near 
370 ppmv and 1,800 ppmv, respectively (Blasing 
and Jones, 2002), reflecting the rapid increases 
due to anthropogenic sources during the last two 
centuries, The ice-core record also shows that the 
carbon isotope ratio of atmospheric CO2 , 

expressed as B13C02 , was "-- 6.4%0 before 
human influence (Friedli ef al., 1986; Francey 
et 01., 1999), compared to.1ts present value near 
-7.9%, (Francey ef aI., 1999), reflecting the 
influence of l3C-depleted anthropogenic CO2 
added to the atmosphere. (813C02 denotes the 
13C02 : 12eo2 ratio difference in per mil relative 
to the PDB standard. See Section 8.09.2.1.1.) The 
effects of human activities on atmospheric CO2 
and CH4 are discussed in other chapters of this 
treatise (see Chapter 4.03 and Chapter 8.10). 
These recent trends provide an important test of 
tbe geologic ice-core record, because the ice-core 
gas measurements can be closely matched for 
recent decades with records from tim air and 
atmospheric measurements (Figures 4(a) and (b». 
Measurements of carbon dioxide and its carbon 
isotopes in fiI:n and in the uppermost sections of 
ice cores taken at the Siple Station and Law Dome 
sites in Antarctica show close agreement with 
the record of direct atmospheric measurements 
(Neftel ef al., 1985; Pearman ef al., 1986; Friedli 
ef al., 1986; Etberidge ef al., 1996; Francey ef al., 
1999). Extrapolated trends in ice-core methane 
measurements at these sites (Stauffer et ai"~ 1985; 
Etheridge et (/1" 1992) and al the Dye 3 site in 
Greenland (Craig and Chou, 1982) arc likewise 
consistent v·/ith recenl atmospheric measurements, 
These obscrvntiollS provide powerful support for 
the_ validity of ice-core gas records extending back 
in time. 

Muckls of the modern gJob;d carbon cycle 
1ypically assumc (l pre-disturbancc steady state in 
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Figure 4 (a) Carbon dioxide concentrations over the 
last 1,000 yrs derived from three ice cores from Law 
Dome, Antarctica, and from air samples collected at 
South Pole Station since the late 1950s (Ethelidge et al. 
(1996), reproduced by permission of the American 
Geophysical Union from 1. Geophys. Res., 1996, 101, 
4115~4128 (Figure 4); the air sample data are from 
Keeling, 1991). (b) Methane concentrations over the 
last 1,000 yr derived from three Antarctic ice cores, the 
Antarctic tim, and archived air samples collected since 
1978 at Cape Grim, Tasmania, Australia (Etheridge 
et al. (1998); reproduced by permission of the American 
Geophysical Union from 1. Geophys. Res., 1998, 103, 
15979~ 15993 (figure 2); the air sample data are from 

Langenfelds et al., 1996). 

calculations of historical and future human 
influences on atmospheric greenhouse gases. The 
ice-core gas record provides a basis for testing this 
steady-state assumption. The record shows that 
atmospheric levels of both CO, and CH4 varied 
during the most recent 10,000 years prior to 
human influence. The documented Holocene 
variations, while small and s1O\\I compared to the 
recent anthropogenic changes in atmospheric 
chemistry, provide important information about 
interactions among greenhollse gases, climate, and 

the global carbon cycle. Implications for the 
assumption of steady state in models are discussed 
below and in Section 8.09.2.2. 

Subtle variations in atmospheric CO2 during the 
most recent millennium, first hinted in some of 
the earliest Antarctic ice-core measurements 
(Raynaud and Barnola, 1985; Stauffer et al., 
1988; Etheridge ef al., 1988), have been confirmed 
by more detailed and precise analyses (Figure 5). 
CO2 concentrations appear to have risen to near 
285 ppmv in the thirteenth century AD, then 
decreased to ,,·275 ppmv during the sixteenth 
century AD, and then increased again during the 
eighteenth century AD (Barnola ef al., 1995; 
Etheridge ef al., 1996; Indermuhle ef al., 1999). 
Some of the earliest ice~core CH4 measurements 
also suggested a period of decreased concen
trations during the sixteenth and seventeenth 
centuries (Rasmussen and Khalil, 1984; Khalil 
and Rasmussen, 1989), CH4 measurements in ice 
from the Law Dome site in Antarctica show small 
variations that parallel the CO2 trends over the 
most recent millennium, including a decrease of 
-40 ppbv coinciding with the CO2 decrease in the 
sixteenth and seventeenth centuries (Etheridge 
ef al., 1998). The decrease in atmospheric CO2 
and CH4 during the sixteenth and seventeenth 
centuries coincides with a maximum in o13eo2 at 
-- 6.3%, (Francey ef al., 1999). Because vari
ations in terrestrial sources and sinks are the most 
likely cause of the CH4 and carbon isotope trends, 
they are probably associated with ehanges in 
terTestrial carbon cycling, although simultaneous 
oceanic changes cannot be ruled out (Trudinger 
ef al., 1999; Joos ef aI., 1999). 

Times of slightly increased and decreased CO2 

and CH4 during the most recent millennium 
appear to coincide roughly with the times of 
slightly warmer and cooler climate known as the 
"Medieval Warm Period" and the "Little Ice 
Age." The extent and significance of these 
climatic variations are somewhat unclear (see, 
e.g., Bradley (1999) and references therein), and 
the implied changes in climate forcing by the 
greenhouse gases are very small (Etheridge et a1., 
1998). Nevertheless, these coincidences of green
house gas and climate trends are consistent with 
an understanding of close coupling between 
climate and carbon cycling that emerges from 
observations over a very broad range of 
timescales. 

The likelihood of a "Little Ice Age" carbon
cycle perturbation poses a particular concern for 
the assumption of pre-anthropogenic steady state 
in models of the modern carbon cycle. Part of the 
increase in concentrations of CO:: and CH"f during 
recent centuries may be due to trends associated 
with the natural climate anomaly. This association 
may seriously affect estim<llCs of eightecnth- and 
early nineteenth-century Iwman impacts on the 
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Figure 5 Variability of (a) methane (using the same dataset as that of Figure 4(b» and (b) carbon dioxide (using the 
same dataset as that of Figure 4(a» concentrations oyer the past 1,000 yr. (c) The interpolar difference in methane, 
which is the difference between the Greenland ice-core record (d) and the Law Dome methane record (e, same as 
curve a) for COlTcsponding years. Estimated 1 if unceltainty for the interpolar difference is 10 ppb (Etheridge et al. 
(1998)~ reproduced by permission of the American Geophysical Union from 1. Geophys. Res., 1998, 103, 15979-

15993 (figure 3)). 

terrestrial biosphere based on greenhouse gas 
trends. More importantly, it may imply the need 
for climate and carbon cycling to be coupled in 
models of the modern carbon cycle (Enting, 
1992). The maximum natural rates of change in 
atmospheIic CO2 and CH" duIing the most recent 
millennium were at least an order of magnitude 
smaller than current anthropogenic rates of 
change, and the natural variations were much 
less persistent than the increasing trends of the 
most reccnt two centuries. Thus the primary 
concern raised by natural carbon-cycle variations 
during the most recent millennium is not that they 
may be significant relative to anthropogenic 
changes, but that they suggesl a degree of global 
carbon/climate coupling that is not well rep
resented in currcnt models of present-day and 
potential future carbon cycling. 

Coupling between variations in carbon cycling 
and climate is also a prominent theme in efforts to 
understand the ice-core gas records extending 
back through the most recent 10,000 years. The 
records of CO2 , Ii l3C02 , and CH4 for this period 
show variations that arc larger and more complex 
than those of the most recent millennium. 
Measurements from the Taylor Dome and Dome 
C siles provide evidence thaI atmospheric CO2 

concentrations decreased 1"1'0111 ~"270 ppm v at 
1 D.) ka to 260 ppm v at 8 ka iJnd then gradually 

increased to values near 285 ppm v at 1 ka 
(Figure 6; (lndermuhle ef aI., 1999; Fluckiger 
ef aI., 2002)). The Holoeene 813C02 record from 
Taylor Dome is much less detailed and precise, 
and cannot be confirmed by overlap with the 
Bl3C02 record of the most recent millennium 
(Francey el ClI., 1999), but it appears to show a 
maximum near -6.3%0 between 7 ka and 8 ka and 
a minimum near -6.6%0 between 2 ka and 3 ka 
(lndermuhle ef ai., 1999). Measurements in ice 
cores from both Greenland and Antarctica show 
that atmospheric methane concentrations also 
varied significantly during the Holocene Epoch 
(Figure 6). Conc,:entrations decreased from levels 
near 700 ppbv at 10 ka to levels less than 
600 ppbv at 5 ka, followed by a gradual return to 
values near 700 ppbv at I ka (Blunier el ClI., 1995; 
Chappellaz el al., 1997; Fluekiger el al., 2(02). 

Carbon-cycle responses to Holocene climate 
change have been hypothesized to explain the 
atmospheric CO2 and CH'l trends observed in 
the ice-core record of this period. The early 
Holocene expansion of fcrreslrial vegetation and 
soils in areas thaI were previously glaciated has 
been sugges!Cd ,IS the Ciluse of the carly Holoccnc 
decrease in CO2 (ll1tiermuhlc el (fl., 1999). Like
wise, lhe increase in almospheric CO2 hetween 
g ka and 1 ka has been al!ributed 10 a release of 
biospheric carbon caused by a global trend during 
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Figure 6 The Holocene ice-core record of the variability of methane, carbon dioxide, and 0!3C02 . (a) The methane 
record from ice cores in Greenland and Antarctica, showing significant variability including vmiability in the 
interpolar gradient (Chappellaz et aI., 1997). (b) The results of a three~box model used to infer the latitudinal 
distribution sources of methane at four different time spans during the Holocene Epoch (Chappellaz et ai., 1997). 
(c, d) The carbon dioxide concentration and its isotopic composition from Taylor Dome, Antarctica (Indermuhle et ai., 
1999). Note the dissimilarities among the trends in this figure (Raynaud et ai. (2000); reproduced by permission of 

Elsevier from Qual. Sci. Rev., 2000, 19, 9-17 (figure 1). 

that period toward cooler and drier conditions 
(Indennuhle ef al., 1999). In contrast, one 
explanation for the Late Holocene increase in 
atmospheric CH4 is an expansion of boreal 
wetland source areas (Blunier el al., 1995; 
Chappellaz el al., 1997; Velichko el al., 1998). 
(Some investigators have suggested that the Late 
Holocene increase in atmospheric CH4 may be 
partly due to emissions from the onset of early 
human rice cultivation (Subak, 1994; Chappellaz 
el al., 1997; Ruddiman and Thomson, 2001)). 
Oceanic responses to climate change have also 
been suggested to explain the Holocene CO2 and 
8 13e02 trends (Inclerl11uhle et ({/., 1999; Broecker 
ct (II., 20(1). This variety of hypotheses about 
Holocene carbon cycling is not surprising, 
because the Holocene variations in CO,,> i5J.'CO,.> 
and CH.l are clcarly dissimilar (Figure 6). 
Moreover, as discussed in Section 8.09.2.1.2, 

significant changes in atmosphelic CH4 can be 
caused by changes in specific sources and sinks 
that do not necessarily require the larger translo
cations of carbon l)eeded to change atmospheric 
CO, and 8 i3CO,. It seems likely that a variety of 
processes, reflecting the regional and global 
complexity of both the carbon cycle and the 
climate system, contributed to the trends observed 
in the ice-core record of Holocene CO2 and CH4 . 

Important clues to these processes come from 
analysis of details available in the Holocene ice
core eH.1 record. The nature of CH.) cycling 
through the atmosphere (see Section 8J)9.2.1.2) 
assures lila! any signj(-ic<lnt change in CI-L-I SOlJ]'ces 
will quickly affect atmospheric CH.+ concen
tra1ions. Although the atmospheric life1ime of 
CO2 is shorter than that of CH.I> a change in CO2 
sources must be mLlch larger (in terms of carbon 
transfer) tt) affect the larger mass or atmospheric 
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CO,-, and the response of atmospheric CO, will be 
attenuated and prolonged by its exchange with the 
ocean sUlface and the terrestrial biosphere (see 
Section 8.09.2.1.1). Thus, atmospheric CH4 con
centrations are more susceptible than CO2 con
centrations to rapid variations resulting from 
changes in sources, Abrupt changes and "spikes" 
are more common in the ice-core CH4 record than 
in the ice-core CO2 record. For example, the 
Greenland GRIP and GISP2 ice cores (see 
references in Table 2) record a sharp CH4 decrease 
at 8.2 ka (see Figure 6). This feature conesponds 
to a widespread climatic event linked to outburst 
floOding from the melting of the Laurentide ice 
sheet (Barber ef 01.,1999). The ice-core record of 
abrupt changes in atmospheric" CH4 is an import
ant source of information about links between 
climate and carbon-cycle changes. 

Whereas the oxidation of CH4 occurs in the 
atmosphere worldwide (see Section 8.09.2.1.2), 
the sources of CH4 are not distributed uniformly. 
The dominant natural sources of CH4 are wet
lands, which occur today mainly in the tropics and 
the northern hemisphere. The CH4 produced by 
northern wetland sources is oxidized during its 
transit southward-in the 'atmosphere, resulting in a 
1l00th-to-south decreasing atmospheric CH4 con
centration gradient, well documented in ice-core 
CH4 measurements of air from Greenland and 
Antarctica (Rasmussen and Khalil, 1984; 
Nakazawa ef al., 1993). The gradient appears to 
have varied during the most recent millennium, 
with atmospheric CH4 concentrations over 
Greenland exceeding those over Antarctica by 
24-58 ± 10 ppbv (Etheridge et al., 1998) 
(Figure 5). During the most recent 10,000 years, 
the difference between Greenland and Antarctica 
CH4 concentrations ranged from 33 ± 7 ppbv 
dUIing the middle Holocene Epoch (-7 -5 ka) to 
values as high as 50 ± 3 ppbv during the Late 
Holocene Epoch (-5-2.5 lea) and 44 ± 4 ppbv 
dming the Early Holocene Epoch (11.5-9.5 ka) 
(Chappellaz et ai., 1997; Figure 6). The ice core 
record of the atmospheric CH4 gradient implies 
that northern wetlands (as well as tropical 
wetlands) have been an important CH4 source 
throughout the Epoch. The variations in the 
interhemispheric CH4 gradient, together with the 
trends in CH4 concentrations described above and 
shown in Figure 6, have been used to infer 
changes in the magnitude and relative importance 
of tropical versuS northern wetland CH4 sources 
(Chappellaz ef ai., 1997; Etheridge ef ai., 1998). 
Recent anthropogenic sources of CH'-!, wl1ich 
occur predominantly in the northern hemisphere, 
have caused thc modern north-to-south CH_1 

concentration gradicnt to be greater than the 
Holocene gradient by a factor of about three 
(Chappcllaz ('{ uj" 1997). Anthropogenic sources 
of CO:: have similarly caused a present-day 

north-to-south atmospheric CO2 gradient of 
several ppmv (Pearman e/ al., 1983; Fung ef al., 
1983; Enting and Mansbridge, 1991) (see 
Chapter 8.10). A small south-ta-north decreasing 
CO, gradient has been hypothesized for the Late 
Holocene atmosphere prior to human influence 
(Keeling et al., 1989; Taylor and Orr, 2000), but 
the proposed gradient is difficult to verify in ice
core records because it requires correction for 
postdepositional artifacts in Greenland ice, and its 
magnitude is close to the measurement precision 
for CO2 in ice-core samples (but see Bamola 
(1999)). 

8.09.3.3 Glacial/interglacial Carbon-cycle 
Variations 

The ice coring effort at Vostok Station in East 
Antarctica required several decades and a remark
able combination of international (Russian, 
French, and American) technological and analyti
cal expertise. The reSUlting record (Figure 7; 
Jouzel ef 01., 1987; Barnola ef ai., 1987; 
Chappellaz e/ al., 1990; Jouzel ef ai., 1993; Petit 
ef 01., 1999) extends continuously to depths 
exceeding 3 km and provides detailed evidence 
for the close relationship between climate and 
carbon cycling throughout the four most recent 
glaciallinterglacial cycles. The Vostok ice-core 
data reveal the range of natural vaIiations in 
atmospheric CO2 and CH4 during this period, and 
demonstrate that present-day levels of CO, and 
CH4 are much higher than they have been at any 
time during the most recent 420,000 years 
(Petit et ai., 1999). The Vostok record is a 
preeminent constraint on analyses and hypotheses 
concerning variations in climate and the carbon 
cycle over glacial/interglacial timescales. 

The most conspicuous feature of the Vostok 
data (Figure 7) is the close similarity among trends 
in C02, CH4 , and local temperature (calculated 
from the ratio of deuterium to hydrogen in the ice). 
These trends all show a pattern of relatively rapid 
onsets of warm (interglacial) conditions, followed 
by more gradual transitions to cool (glacial) 
conditions. repeated in cycles -100 kyr long. 
This "sawtoothed" pattern resembles character
istics long observed in paleoclimate records from 
marine sediments worldwide (see, e.g., Bmiliani, 
1966). The low CO2 and CH" concentralions 
observed in ice that formed during glacial periods 
confirmed earlier measurements in ice from the 
most recent glacial period collected at other sites 
in both Greenland llnd Antarctica (Berner ef 01., 
1980; Delmas 1'1 ill .. 1980; Slauffer ef ill .. 1988). 
Al times of minimum glacial temperatures, CO.~ 
concentrations dropped to values ncar 180 ppm v , 
and then rapidly rose to values of 280-300 ppm v 
during interglacials. Similarly, glacial periods 
coincided with minimum CHil concentrations of 
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Figure 7 The Vostok ice-core record (Petit et al., 1999). (a)-(c) Carbon dioxide, methane, and oxygen isotope 
ratios (expressed as ( 180) of oxygen in air extracted from the icc. (d) Hydrogen isotope ratios (expressed as 82H, or 
3D) in the ice. This record is a proxy for local temperature. (e) Sodium in the ice, a measure of sea salt aerosol 
deposition. (f) Dust in the ice, a measure of continental aerosol deposition. (a)-(c) are plotted against the estimated 

age of the ice air; (d)-·(D are plotted against the estimated age of the ice. 

320-350 ppbv, and CH4 concentrations rose to 
maximum values of 650-770 ppbv during inter
glacials. The Vostok record revealed that maxi
mum and minimum temperature, CO2, and CH-I 
levels were similar during each or the four most re
cent gJacial cycles, including the Holocene Epoch 
prior to human inllucncc. Other detailed features 
of the CO2 • CH~, and isotopic temperature 

variations appear to be related: statistical corre
lation of the Vostok data yields overall r 2. values 
exceeding 0.7 for both CO2 and CH4 with respect 
to the icc isotopic composition, which is a proxy 
for local temperatures (Petit er (i1., 1999). 

The correlation among these records is so high 
that lnca] or regional causcs-···-Tathcr than g.lobaJ 
comiilioJls--might be considered 10 explain sllch a 
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close correspondence. However, there is excellent 
agreement among glaciallinterglacial ice-core 
CH4 records from Antarctica and Greenland 
(Brook el 01., 1996; Brook el 01., 2000), and 
among glacial/interglacial CO2 records from 
diverse locations in Antarctica (see, e.g., Fischer 
el al., 1999). Unfortunately, due to higherlevels of 
reactive impurities in Greenland ice (see Section 
8.09.3.1), there is no 'ice-core CO2 record from 
Greenland that can be compared in detail to the 
Antarctic CO2 measurements. But the Antarctic 
CO2 measurements are much less susceptible to 
effects of impurities (Anklin el 01., 1997). The 
agreement among CH4 measurements in the same 
ice cores suggests strongly that the Antarctic ice
core CO2 record, like the CH" .reeord, can be 
considered a record of global glacial/interglacial 
changes in atmospheric composition. Likewise, 
the Vostok deuterium temperature record and 
other Antarctic and Greenland records of stable 
isotopes in ice can be linked to well-known global 
climate variations by direct matching of obvious 
similarities to marine sediment isotope records 
(Shackleton ef 01.,2000; Shackleton, 2001) and by 
correlations between oxygen isotope variations 
in the ice-core air and in marine sediments 
(Bender ef al., 1999; Shackleton, 2000). 

The Southern Ocean might be an important 
regional influence on both temperature and CO2 in 
Antarctica. But if this influence contributes to the 
close correlation of temperature and CO2 in the 
Vostok record, then the Southern Ocean is likely 
part of a complex interaction among processes at 
high southern latitudes that plays an imp0l1ant 
role in both global climate and the global 
carbon cycle (Petit ef al., 1999). There is no 
known local or regional CH4 source near 
Antarctica; thus, the close correlation of tempera
ture and CH4 at Vostok seems to imply an even 
broader scope of interconnected global processes. 
The Vostok ice-core record provides compelling 
evidence that climate and carbon-cycle variations 
were closely interactive throughout the Late 
Pleistocene period. 

This understanding of Pleistocene climate! 
carbon coupling is illustrated by the fact that many 
paleoclimatologists conclude that the variable 
greenhouse effect of atmospheric CO2 and CH4 

has contributed significantly to glacial/interglacial 
climate change, while many geochemists consider 
climate change to have been an essential driver for 
glacial/interglacial variations in the carbon-cycle 
processes that control atmospheric CO2 and CH4 . 

8.09.3.3.1 Carbollwcycle influences Oil 

glacial/interglacial climate 

Paleoclimatologists have analyzed the timing of 
Pleistocene climate cycles and conhrmcd statisti
cal slJ'nilarjtiL~s to the periodicities of cyclic 

changes in orbital parameters that control the 
seasonal and latitudinal distribution of solar 
radiation (insolation) reaching the Earth's surface 
(Broecker and van Donk, 1970; Shackleton and 
Opdyke, 1976; Imbrie el al., 1992; Imbrie ef aI., 
1993). The influence of these orbital parameters 
on global climate was hypothesized and calculated 
by Milutin Milankovitch (I 879- I 958), for whom 
the identified periodicities have come to be called 
"Milankovitch cycles." Although these periodi
cities (predominantly at 100,000 yr, 41,000 yr, 
23,000 yr, and 19,000 yr) have been identified in 
many paleoclimate records, there is still no 
consensus concerning the exact mechanisms by 
which variations in the Earth's orbital configura
tion affect climate. Mathematical models and 
other analyses of global climate suggest strongly 
that the insolation changes directly attributed to 
orbital causes are not sufficient to explain the 
magnitude and the relative importance of the 
periodicities observed in differences between 
glacial and interglacial climates (Berger, 1979, 
1988; Rind ef al., 1989; Imbrie el al., 1993). Thus, 
the study of Pleistocene climate requires a focus 
on the processes that might have been capable of 
amplifying the subtle effects of orbital changes. 

Paleoclimatologists have identified several 
possible amplifying feedback in the differences 
observed between glacial and interglacial climatic 
conditions. One important feedback is the "ice
albedo" feedback, which is caused by changes in 
the reflection of solar radiation back into space by 
expanding and retreating glaciers. The changing 
greenhouse effect is another likely amplifying 
feedback, through variations in the retention of 
heat in the atmosphere caused by rising and falling 
concentrations of greenhouse gases, including 
CO2 and CH" (Broecker, 1982; Manabe and 
Broccoli, 1985). 

No single feedback mechanism appears to be 
sufficient to explain the full magnitude or 
character of the climatic amplification between 
Late Pleistocene glacial and interglacial con
ditions. Variations in heat absorption due to 
greenhouse gases might have accounted for 
about half of the total glacial- interglacial differ
ence in radiative forcing (Lorius el 01., 1990). The 
glacial- interglacial difference in the greenhouse 
effect is attributed primarily to CO" which 
contributed ~5 times as much as CH4 and N20 
combined to the change in radiative forcing 
(Petit e! al., 1999). Thus, the variable greenhouse 
effect is viewed as an import'ant contributing 
feedback mechanism ill the glacial-·;interglacial 
climate system, but the inJ1ucncc of greenhouse 
gases is viewed (\s operating in a very complex 
association with other important feedback 
(Hcvv'jll and Mitchell, 1997; Felzer et 01., 1998; 
Berger ef 0/" 1998; Petit e! (/1 .. 1999; Yoshimori 
"I III., 2UUI). 
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In addition to contributing to the global 
temperature differences between glacial and 
interglacial conditions, the greenhouse gas feed
back might interact in complex ways with other 
aspects of Pleistocene climate variability. For 
example, one of the major mysteries of Pleisto~ 
cene climate is the unexplained appearance, 
beginning ~ 700 ka, of the pronounced 100 kyr 
cycles -that 'dominate pa1eoclimate records such as 
the Vostok data (Shackleton and Opdyke, 1976). 
Because the magnitude of the orbital insolation 
effects with 100 kyr periodicity is relatively weak 
in comparison to the effects with other periodi
cities, the 100 kyr cyeles would be expected to be 
less conspicuous than those at the other orbital 
periodicities ,(as ,evident .in -paleoclimate records 
prior to 700 ka). Long-term feedback processes 
have been suggested as a way to explain the 
enhancement of the longer cycles. Several studies 
have suggested that the variable greenhouse effect 
of CO2 or CH4 might provide the needed long
term feedback because of the long response times 
associated with some components of the carbon 
cycle (see Section 8.09.2) (Pisias, 1984; Saltzman, 
1987; Shackleton, 2000; Kennett ef aI., 2003). 
Alternatively, others have suggested that the 
changing character of Late Pleistocene climate 
variability, including the unexplained appearance 
of pronounced 100 kyr periodicity, might be a 
response of shifting climate thresholds associated 
with a long-term decrease in atmospheric CO2 

since the Pliocene Epoch (Berger ef al., 1999). 

8.09.3.3.2 Climate influences Oil 

glacial/interglacial carbon cycling 

Geochemists have intensely debated the pro
cesses that caused atmospheric CO2 and CH4 

concentrations to change between glacial and 
interglacial periods. The broad scope of this 
debate reflects the many ways that climate change 
can influence the global carbon cycle. 

The influence of glaciallinterglacial climate on 
the tenestrial carbon cycle is seen most dramati~ 
cally in the ice-core CH4 record. Because rates of 
atmospheric CH4 oxidation during glacial periods 
were probably not drastically different from those 
during interglacials (see Section 8.09.2.1.2), 
differences between glacial and interglacial 
atmospheric CH4 levels are attributed primarily 
to variations in the principal natural CH4 source, 
wetlands. Wetlands occur primarily in tropical 
regions, where they are sensitive to variations in 
monsoonal rainfall, and in northern mid latitude 
and boreal regions, where they are sensitive to the 
changing extent of glacial icc anu associated 
conditions of temperature and waler balance 
(Matthews and Fung, 1987; Bubier and lVloore. 
1994). It is very likely that the distrihution and 
extent or these wetland CH.1 sources were affected 

by differences between glacial and interglacial 
climate (Prell and Kutzbach, 1987; Khalil and 
Rasmussen, 1989; Chappellaz ef al., 1990; 
Petit-Maire ef aI., 1991; Crowley, 1991; 
Chappellaz ef al., 1993a,b; Velichko ef al., 
1998). The ice-core record of atmospheric CH4 
can be used to infer changes not only in the 
magnitude of wetland CH4 sources, but also in 
their geographic distribution (see Section 
8.09.3.2). The CH4 concentration gradient 
between Greenland and Antarctica during the 
most recent glacial period ranged from -40 ppbv 
during relatively warm periods to near zero during 
the coldest part of the last glacial period (Brook 
ef al., 2000; Dallenbach ef al., 2000). Thus, 
northern CH4 sources appear to have been signi
ficant during all but the coldest glacial climates, 
and northern wetlands may have persisted 
throughout most of the last glacial period. 

Climatic influences are apparent not only in the 
record of differences between glacial and inter
glacial atmospheric CH4 concentrations and 
budgets, but also in more frequent variations that 
occurred over millennial timescales extending 
throughout the most recent glacial period 
(Figure 8). These variations cOlTelate very closely 
with the abrupt interstadial warming events 
known as Dansgaard-Oeschger events, documen
ted in the stable isotope record in Greenland ice 
cores (Oeschger ef al., 1984; Dansgaard ef al., 
1984; Chappellaz ef al., 1993a; Brook ef al., 
1996). The millennial-seale CI-L, variations, which 
range in magnitude from -50 ppbv to -300 ppbv, 
can be readily cOlTelated in ice cores from both 
Greenland and Antarctica. In addition to provid
ing a global record of carbon-cycle response to 
climate change, they have been used as a 
correlation tool to demonstrate synchronies and 
asynchronies between the Dansgaard-Oeschger 
events and corresponding variations in Antarctic 
climate (Steig ef aI., 1998; Blunier ef al., 1998; 
Blunier and Brook, 2001). 

The correlation of millennial climate fluctua~ 
tions in Greenland and Antarctica is very 
important in efforts to understand the source of 
atmospheric CO2 variations over millennial time
scales during the most recent glacial period 
(Figure 9). These variations, on the order of 
20 ppmv, are not as conspicllolls as the millennial
scale CH4 variations, and they appear to have 
occurred only in association with the largest and 
longest Dansgaard-Oeschger events (Stauffer 
ef 01., 1998). Larger glacial CO2 variations, in 
excess of 50 ppmv, were observed to correlate 
with Dansgaard ·-Oeschger events in ice cores 
from Greenland (Sl<lu11er ef (/1., 1984). However, 
these features arc now ddlnitively int.erpreted 
as artifacts of postdepositiunal chemical 
reactions within the icc (Delmas, 1993; Tschumi 
and Stauffer, 20(0). The smaller glacial CO::. 
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Figure 9 Correlation of Antarctic temperature vari
ations (solid line, calculated from hydrogen isotope 
ratios in the ice at Vostok) and CO2 variations in air 
extracted from the Taylor Dome ice core. The 
temperature curve is a running mean of the data from 
Petit et ai. (1999) (Indermuble er ai. (2000); reproduced 
by permission of the American Geophysical Union from 

Geophys. Res. Lett., 2000,27,735-738 (figure 2)). 

variations seen in Antarctic ice cores do not 
appear to be affected by postdepositional reactions 
(Stauffer et ai" 1998), Detailed conclation, based 
on the more clearly definec1millennial-scale CH4 

variations, suggests that the gbciaJ variations in 
atmospheric CO~ more closely paralleled the less 

abrupt and out-of-phase temperature variations 
recorded in Antarctic ice cores (Blunier et al., 
1999; Indermuhle et a/', 2000). Given these subtle 
dIfferences in sensitivity and phasing, atmospheric 
CO2 and CH4 appear to have been associated with 
different components of glacial climate variability 
at millennial timescales. Similar differences are 
observed in the record of CO2 and CH4 variations 
during the Holocene Epoch (see Section 8.09,3.2), 

These differences do not obscure the obvious 
similarities betwccn the larger CO2 and CH4 

trends that characterize the longer glaciallinter
glacial cycles (Figure 7), Because the differences 
between glacial and interglacial CH4 levels are 
attributed to changes in terrestrial sources, it 
seems likely that the paraUel cbanges in atmos· 
pheric CO2 might also reflect changes in the 
terrestrial biosphere. Unfortunately, the changes 
that most lillely controlled glacia]/interglacial 
CH4 sources would be expected to affect CO, 
sources in the opposite manner. Wetlands
particularly peatlands-are known to store far 
more carbon per unit area than the soils that form 
under drier climatic conditions (Schlesinger, 
1997), and there is some evidence of a direct 
relationship between the intensity of CH4 emis
sicms and the rate of carbon production and 
storage among individual wetland ecosystems 
(Whiting and Chanton. 1(93). Thus, an expansion 
of wetlands and their CH-l emissions during 
in!crg!acial times would be associated \vith a 
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decrease in soil CO2 emissions. Indeed, as we 
have seen in Section 8.09.2.1.1, most estimates of 
climatic effects on terrestrial carbon storage (by 
wetlands and other ecosystems) suggest that the 
global land surface stored significantly less carbon 
during the most recent glacial period than during 
the Holocene Epoch. While these terrestrial 
trends might help to e~plain .glaciallinterglaciai . 
differences in atmospheric CH4 , they require that 
we look elsewhere in order to understand the 
glacial/interglacial CO2 budget. 

As discussed in Section 8.09.2.1.1, the deep 
ocean is the largest and most probable reservoir 
capable of large transfers of carbon over the 
timeseales of glacial/interglacial transitions. All of 
the processes that account for deep-ocean carbon 
storage are susceptible to effects of climate change. 
These processes can be summarized in three 
general categories that can be described as the 
"solubility pump," the "soft-tissue pump," and the 
"carbonate pump" (Yolk and Hoffert, 1985). 

The occanic solubility pump stores CO2 in the 
deep ocean by simple dissolution of atmosphere 
CO2, As deep-ocean water forms by sinking from 
the surface, it carries with it the CO2 dissolved by 

. gas exchange 'with -the atmosphere. Because deep 
water forms where the OCean surface is coldest, 
and because the solubility of CO2 in seawater is 
highest at low temperatures, the amount of CO2 

dissol ved in sinking deep water tends to be greater 
than the average amount of CO2 dissolved in 
global ocean surface waters. The solubility pump 
is sensitive to the conditions that affect local gas 
exchange at the sites of deep-water formation. 
Climate affects all of these conditions, including 
temperature, salinity, wind, sea state, sea-ice 
cover, planktonic metabolism, and prevailing 
CUlTents and vertical mixing patterns. The effects 
of climate change on the solubility pump have 
long comprised a central topic in studies of 
glacial/interglacial CO2 change (Newell ef al., 
1978), and the importance of these effects 
continues to be a topic of intense debate (see, 
e.g., Bacastow (1996) and Toggweiler ef al. 
(2003)). 

The oceanic soft -tissue pump stores carbon in 
the deep ocean by the sinking of organic debris 
produced by microorganisms at the ocean surface. 
Much of the sinking organic material is oxidized 
in the deep ocean, yielding CO2 and smaller 
quantities of nitrate, phosphate, and other 
nutrients. Like the solubility pump, the soft-tissue 
pump is sensitive to climate change. The assimi
lation of organic matter by photosynthesis at the 
ocean surface depends on tempcrature. salinity, 
and the availability of light and nutrients. Nitratc 
and phosphate are supplied to the ocean surface 
primarily by [he up\vard mixing of deeper \v'l1ers. 
where their concentration ratio is ncarly the same 
as in thc sinking organic materia! from \vhich they 

are derived. Thus, the soft-tissue pump is sensitive 
not only to direct effects of climate such as light 
and temperature at the ocean surface, but also to 
more complex effects such as the impact of 
climate on ocean mixing and the cycling of 
nutrients. Changes in oceanic phosphate levels 
may have occurred as a result of the glacial! 
interglacial exposure and flooding of continental 
shelves (and their "reactive sediment" reservoir; 
see Figure 1) during changes in sea level 
(Broeeker, 1982). Changes in nitrate concentra
tions may have resulted from glaciaI/interglacial 
variations in ocean mixing and other conditions 
that affect rates of oceanic nitrogen fixation and 
denitrification (McElroy, 1983; Altabet ef al., 
1999). Changes in the availability of iron and 
other trace nutrients may have been caused by 
glaciallinterglacial alterations in the windborne 
transport of continental dust to ocean areas 
(Martin ef aI., 1990; Martin, 1990). The oceanic 
soft-tissue pump encompasses a wide alTay of 
potential climate sensitivities because it links 
deep-ocean carbon storage to the oceanic cycles of 
nitrogen, phosphol1ls, and other nutrients. 

The oceanic carbonate pump remOves carbon 
from the ocean surface by the production of 
calcium carbonate (CaCO,) in the shells, tests, and 
skeletal frameworks of various marine organisms. 
Some of this CaCO, settles as debris into the deep 
ocean, where much is dissolved and added to the 
deep-ocean DIC reservoir. The CaCO, that does 
not dissolve is buried in sediments, where it may 
persist to comprise a major component of the 
carbon cycle over timescales of millions of years. 
The carbonate pump differs froIll the solubility 
and soft-tissue pumps in three fundamental ways. 
First, unlike the solubility and soft-tissue pumps, 
the carbonate pump transfers significant quantities 
of alkalinity as well as carbon from the ocean 
surface to the deep sea. The result of this 
"alkalinity pump" is to partially offset the effect 
of deep-ocean carbon storage on atmospheric 
CO,. This offset results from the effect of 
alkalinity removal on the chemical equilibrium 
between dissolved CO2 and the other dissolved 
inorganic carbon species in ocean surface waters. 
For every mole of CaC03 removed from the ocean 
surface, ~0.6 mol of CO2 are released to the 
atmosphere (Sundquist, 1993). Because many of 
the organisms that produce CaC03 in the ocean 
surface are restricted to warmer waters and/or 
shallow shelf substrates, the alkalinity pump is 
sensitive to climate iJJ1(Isca-lcvel change. 

Second, unlike the solubility and soft-tissue 
pumps, tbe carbonate pUIllP supplies il largc 
reservoir or "reactive sediments" (Figure 1) that 
almost certainly affcClcd glacial/interglacial ocean 
carbon storage by contributing large net removal:; 
or additions through changes in CaCO j production 
and dissolution. Tilt': glacial/interglacial exposure-
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and flooding of warm shallow-water shelf areas 
probably affected rates of CaC03 production aud 
dissolution in coral reefs and other carbonate-rich 
sedimentary environments (Berger, 1982; Berger 
and Keir, 1984). Glacial/interglacial fluctuations 
in the extent of deep-sea caeo3 dissolution arc 
one of the most widespread and conspicuous 
features in the Quaternary marine sediment record 
(Broecker, ·197 I; Peterson and Prell, 1985 ;'Fanell 
and Prell, 1989). The influence of these fluctua
tions on atmospheric CO2 probably OCCUlTed 

primarily through their effect on oceanic alka
linity. For example, a decrease in deep-sea CaC03 
dissolution tends to decrease deep-ocean alka
linity as well as Die. When these changes are 
mixed upward to lhe ocean surface, ,atmospheric 
CO2 will increase in a manner identical to the 
chemical equilibrium effect of removing CaC03 
from the Ocean surface. Conversely, an increase in 
deep-sea dissolution will tend to increase deep
ocean alkalinity and DIC, and every mole of 
dissolved CaC03 that consequently reaches the 
ocean surface will cause -0.6 mol of CO2 to be 
absorbed from the atmosphere (Sundquist, 1993). 

The third characteristic that distinguishes the 
carbonate pump is the fact that it is metered by tile 
chemical equilibrium relationship between sea
water and the carbonate minerals (primarily 
calcite) in the reactive sediment pool. Changes 
in the DIC and/or alkalinity of deep-ocean waters 
may cause changes in carbonate dissolution 
through their effect on the state of saturation of 
the water with respect to the carbonate minerals 
calcite and aragonite. Although carbonate dissolu
tion is also affected by the diagenesis of organic 
matter in sediment pore waters (Archer and 
Maier-Reimer, 1994), chemical equilibrium 
appears to be the primary control on the 
distribution of carbonate dissolution in the 
deep sea (Broecker and Takahashi, 1978; 
Plummer and Sundquist, 1982). The response 
time of this process is on the order of 5 -·1 0 kyr 
(SundqUist, 19900; Archer et aI., 1997), providing 
a mechanism for maintaining the overall balance 
between the oceanic supply and removals of both 
alkalinity and DIC over longer timescales (see 
Section 8.09.4.1.1). Thus, the carbonate pump is 
an important mechanism not only in the glacial! 
interglacial storage of oceanic carbon, but also in 
the carbon cycle Over much longer timescales 
(GaITels et ai., 1976; Sundquist, 1991; Archer 
et 01., 1997). 

The oceanic carbon pumps (solubility, soft
tissue, and carbonate) are inherently linked. The 
amount of CO2 dissolved in ocean surface waters 
is controlled not only by its equilibrium solubility. 
but also by the relative rates of gas exchange, 
ocean mixing. and soft-tisslle and carbonate 
production. Nutrients that arc necessary for soft
tissue assimilation arrive at the ocean surface with 

excess dissolved CO2 from deeper waters, and 
these nutrients nourish carbonate as well as 50ft
tissue production. Carbonate production may 
be affected by dissolved CO2 concentrations 
(Riebesell et 01., 2000) and by competition from 
production by non-carbonate-producing orga
nisms (Nozaki and Yamamoto, 2001). The "rain 
ratio" of CaC03 to organic carbon debris 
reaching the sea floor is a very important factor 
controlling the magnitude and distribution of 
deep-sea CaCO, dissolution (Archer, 1991; 
Archer and Maier-Reimer, 1994). Any change in 
deep-ocean carbon storage will be accompanied 
by a CaC03 dissolution response within 5-10 kyr 
(see above). Efforts to explain the role of the 
oceans in controlling glaciallinterglacial CO2 
levels must address all of these interconnections 
in a manner consistent with the evidence available 
in ice and marine sediment cores. Progress in 
these important endeavors is detailed elsewhere in 
this treatise (see Chapters 6.10, 6.18, and 6.19). 

8.09.3.3.3 Carbon!climate interactions at 
glacial terminations 

Given the many ways in which glacial/intergla
cial climate change have probably affected the 
carbon cycle, and given the likely importance of 
clianges in atmospheric CO2 and CH4 as ampli
fiers of climate change, it is very difficult to 
separate cause from effect in the evolution 
of Quaternary climate and carbon cycling. Some 
of the most important evidence for mechanisms of 
change comes from detailed analysis of the 
sequence of events that occurred during the 
terminations of glacial periods. These events 
are the most rapid and dramatic variations in the 
pattern that characterizes Late Quaternary climate 
and carbon-cycle records. They are not only one of 
the most important aspects of glacial/interglacial 
change, but also among the best opportunities for 
detailed global correlation using the methods 
described in Section 8.09.3.1. 

Analysis of glacial terminations in ice-core data 
has suggested that the onset of Antarctic warming 
may have preceded the onset of rising CO2 levels 
by a few hundred years (Fischer et ai., 1999). 
However, there is a general consensus that this 
difference is too small to be distinguished from 
errors due to sampling and dating the ice Cores 
(see Section 8.09.3.1), and that the initial 
increases in CO2 , CH4 and Antarctic temperatures 
occurred simultnneollsly within the available 
dating resolution (Petit, f!l al., 1-999; Monnin 
(!/ (II., 20(1). More signil-icant timing differences 
have provided a hasis for describing a general 
sequence of events thilt characterize at least the 
two mosl recent termination episodes (Broecker 
and Henderson. 1908: Petit e! 01.,1999). First, the, 
initiation of the termination is characterized by a 
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dramatic decrease in the delivery of continental 
dpst to Antarctica and nearby oceans. Second, 
atmospheric CO2 and CH4 rise in synchrony with 
Antarctic temperatures. Finally, several thousand 
years later, the rising temperatures and green
house gas concentrations are joined by the oxygen 
isotope trends in air and seawater that indicate 
melting of the continental ice sheets primarily in 
the northern hemisphere. 

These events occulTed within the context of 
very complex and still controversial relationships 
between northern and southem hemisphere cli
mate trends and the inft.uence of Earth's variable 
orbital configuration (see, e.g., Steig ef al., 1998; 
Bender et al., 1999; Henderson and Slowey, 2000; 
Alley··etal.;2002). Asynchronies between north
ern and southern climate are particularly (perhaps 
uniquely) apparent in the record of the most recent 
glacial termination. As shown in Figure 10, these 

asynchronies affected atmospheric CO2 and CH", 
(Monnin et al., 2001). The Antarctic warming 
trend was interrupted by the Antarctic Cold 
Reversal, which appears to have coincided with 
a temporary 2 kyr cessation in 'the rise of 
atmospheric CO2 concentrations. Atmospheric 
CH4 levels, on the other hand, increased dramati
cally during this period, then fell precipitously to 
near'glacHII valuesfor ""1.5 kyr, and then rose to 
Holocene values just as suddenly. These CH4 

trends, observed in ice-core records from both 
Antarctica and Greenland, conelate closely with 
the warm B¢llingl Aller¢d event followed by the 
cold Younger Dryas event in the Greenland ice
core isotope record (Blunier ef aI., 1997). Thus, 
the ,CHl't '.re12orci· dming the most recent glacial 
termination seems to reflect a strong influence by 
climate variations that are most conspicuous in the 
northern hemisphere (Dallenbach et al., 2000; 
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Brook et aI., 2000). The CO2 record of this period 
morc closely resembles the record of Antarctic 
climate, supporting suggestions that the Southern 
Ocean played a key role in the oceanic variations 
needed to account for changes in atmospheric CO2 

and terrestrial carbon storage (Francois et al., 
1997; Blnnier et 01., 1997; Broecker and 
Henderson, 1998; Toggweiler, 1999; Petit et ai., 
1999; Stephens ,and Keeling, 2000). ,Although 
more specific mechanisms continue to elude 
explanation, the importance of CO2 and CH4 as 
climate amplifiers seems to be reinforced by the 
observation that the melting of continental ice 
sheets-and hence the ice-albedo amplifying 
feedback-was not widespread until relatively 
late in the sequence of glacial terminatiop events. 

One of the most remarkable features of the 
carbon cycle during the Quaternary period is the 
rapidity of many global atmospheric CH4 changes 
observed in the ice-core record. Using an 
elegant analysis of the ice-core evidence for 
transient thermal diffusion in nitrogen isotopes, 
Severinghaus ef al. (1998) were able to delineate 
the relative timing of the CH4 and temperature 
increases at the end of the Younger Dryas event 
without the ambiguities inherent in the age 
difference between the ice and the enclosed air 
(see Section 8.09.3.1). Tbey concluded tbat 
atmospheric CH4 began to rise within 0-30 yr 
following the sudden temperature increase. The 
speed of these changes has been cited in support 
of the hypothesis that climatically important 
changes in atmospheric CH4 throughout the 
Quaternary period have been caused by sudden 
release from the very large volume of methane 
hydrates stored in marine and continental sedi
ments (Nisbet, 1990, 1992; Kennett ef al., 2003) 
(see Section 8.09.2.1.2). Others have argued for 
rapid changes in CH4 release from wetlands and a 
less significant role for CH4 as a driver of elimate 
change (Brook et ai., 1999; Severinghaus and 
Brook, 1999; Brook et al., 2000). The disparity of 
these views, and the intensity of the debate, serves 
to remind us that our understanding of carbon
cycle behavior during the Quatemary period is 
still quite limited, despite the wealth of detailed 
information available in the record of ice and 
sediment cores. 

8.09.4 THE PHANEROZOIC RECORD OF 
CARBON·CYCLE CHANGE 

We have emphasized in Section 8.09.3 that 
the carbon-cycle variations observed on glacial! 
interglacial time scales during the Quaternary 
period can be understood in terms of th8 
redistribution of carbon among the atmosphere, 
oceans, biosphere, and reactive sediments. Over 
timcscales of millions of years and longer, many 

carbon·cycle trends cannot be explained by 
similar redistributions among Earth-surface reser
voirs. In the pre· Quaternary past, althougb Earth
surface reallocations likely caused some degree of 
carbon·cycle variability, the geologic reeord 
reveals more substantial changes that appear to 
have required the influence of imbalances in 
exchange between the Earth's surface carbon 
reservoirs and the rocks of the Earth's crust. In 
this section we desclibe the types of crustal 
exchange processes that have been identified as 
causes of gradual geologic carbon-cycle change. 

8.09.4.1 Mechanisms of Gradual Geologic 
Carbon·cycle Change 

As shown in Figures I and 2, the amount of 
carbon in the Earth's crust vastly exceeds the 
amount stored in the atmosphere, biosphere, and 
oceans combined. A persistent imbalance in the 
exchange of crustal carbon could, in principle, 
cause a drastic depletion or buildup of carbon at 
the Earth's sUlface (Holland, 1978). Therefore, tlle 
study of gradual geologic carbon-cycle change 
involves seeking both the potential causes of 
change and the feedbaek mechanisms that might 
limit tlle extent of change (Berner and Caldeira, 
1997; Bemer, 1999). Feedback mechanisms have 
been identified in the balances between carbonate 
weathering and sedimentation, between silicate 
weathering and metamorphic decarbonation, and 
between organic carbon production and oxidation. 

8.09.4.1.1 The carbollate weatherillg' 
sedimentation cycle 

The most abundant anion delivered by rivers to 
the oceans is bicarbonate ion (HCO,), and most 
of the bicarbonate alkalinity in rivers comes from 
the weathering of carbonate rocks (Meybeck, 
1987). The chemical weathering of limestones and 
dolostones by dissolved CO2 can be represented 
by the reactions for dissolution of calcite and 
dolomite: 

CaC03 + CO2 + H20 ~ Ca2+ + 2HCO, (I a) 

CaMg(C0312 + 2CO, + 2H20 

~ Ca2+ + Mg2+ + 4HCOj (I b) 

In the oceans, reef and planktonic organisms 
precipitate cHlcium ·carbonate (both calcite and 
aragonite), which comprises a major component 
of marine sediments. The precipitation of calcium 
carbonate is essentially the reverse of reaction (1 <I) 

above: 

Ca" + lHCO; _ .• CaCO, -I- CO, + 1-1,0 (2a) 
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Although dolomite is abundant in Proterozoic and 
Paleozoic rocks, its relative contribution to more 
recent carbonate sediments is significantly less 
(Daly, 1909), and it comprises only ~IO% of 
modern carbonate sediments (Holland and 
Zimmerman, 2000). Thus, the precipitation of 
dolomite, 

Ca2+ + Mg2+ + 4HCOj ~ CaMg(C03h 

+ 2CO, + 2H20 (2b) 

is not as significant today as it has been during 
some of the geologie past. The weathering of 
abundant dolostones and the lack of comparable 
Mg-carbonate sedimentation during the last 
40 Myr may have contributed to a non-steady
state increase in the oceanic concentration of 
Mg2+ (Zimmerman, 2000; Horita el 01., 2002). 
But as described in Section 8.09.3.3.2, the oceanic 
carbonate pump should have responded rapidly to 
any imbalance in oceanic bicarbonate associated 
with the Mg2+ imbalance. The mechanism of this 
response would have been an enhancement of 
CaC03 removal brought about effectively by 
diminished carbonate dissolution. The rate of 
reaction (2a) changes effeetively to match any 
change in the sum of the rates of reactions (Ia) and 
(Ib). Simple stoiehiometry requires that this 
condition returns as much CO2 to the ocean! 
atmosphere system via reaction (2a) as the amount 
of CO, consumed in reactions (la) and (lb). 
Changes in atmospheric CO2 might occur in 
association with the response of the carbonate 
pump to an imbalance between carbonate weath
ering and sedimentation, but these changes would 
involve the reactive sediments of the Earth
surface system (see Figure 1 and Table l(a) 
rather than changes in the exchange of crustal 
carbon (Sundquist, 1991). 

Interestingly, the Late Tertiary increase in 
oceanic Mg2+ concentrations appears to have 
been accompanied by a decrease in oceanic Ca2+ 
concentrations (Horita et al., 2002), and there is 
strong evidence that the rate of present-day 
Cae03 sedimentation significantly exceeds the 
rate of Ca2+ input to the oceans (Milliman, 1993). 
However, interpretation of these trends must 
consider not only the balance between carbonate 
weathering and sedimentation, but also the 
importance of changes in the silicate-carbonate 
weathering-decarbonation cycle (see Section 
8.09.4.1.2), variations in hydrothermal and cation 
exchange reactions involving mid-ocean ridge 
basalts and sediments, and fluctuations in the 
relative magnitudes of shallow-water and deep
water carbonate sedimentation (Spencer and 
Hardie, 1990; Hardie, 1996; Holland and 
Zimmerman, 2(00). A full discussion of dolomite 
weathering: and sedimentation is beyond the scope 
or this chapter. The Tertiary trends described 

above may be related to the proliferation of 
planktonic calcareous organisms and the conse
quent shift of CaC03 deposition to the deep sea 
(Holland and Zinmlerman, 2000); thus, they may 
not be analogous to earlier Phanerozoic trends in 
carbonate mineralogy and oceanic cation concen
trations inferred from the record of nonskeletal 
carbonates and fluid inclusions (Sandberg, 1983, 
1985; ''Hbrita et 01., 2002). The relationships 
described above demonstrate that steady-state 
feedback in the long-term cycling of carbon 
must be viewed in the context of significant non
steady-state trends in the chemistry of major 
dissolved oceanic cations. The carbonate 
weathering-sedimentation cycle is sometimes 
ignored ·,or trivialized in treatments of the 
geological carbon cycle, because reactions (I) 
and (2) do not appear to have an impact on 
long-term atmospheric CO2 trends. It is important 
to remember that the weathering and sedimen
tation of carbonate minerals are, like other carbon
cycle feedback systems, coupled to the global 
cycling of other materials. 

8.09.4.1.2 The silicate-carbolZate 
weatherilZg-decarbolZatioll cycle 

Although the chemical weathezing of silicate 
minerals contributes less than the weathering of 
carbonates to the cycling of materials from the 
land surface to ocean waters and sediments, 
silicate weathering presents a much more complex 
challenge to geochemists seeking to discern the 
feedback mechanisms that assure a balance in 
crustal carbon exchange. This balance can be 
illustrated by the following eyclic reactions: 

Weathering: 

3H,O + 2CO, + CaSiO l 

~ Ca2+ + 2HCOj + Si(OH)4 (3a) 

3H20 + 2CO, + MgSi03 

~ Mg'+ + 2HCOj + Si(OH)4 (3b) 

Sedimentation: 

Ca'+ + 2HCOj + Si(OH)4 

~ CaC03 + SiO, + 3H,O + CO, (4a) 

Mg'+ + 2HCOj + Si(OH)4 

~ MgC03 + SiO, + 3H,O + CO, (4b) 

Decarbonatiorl : 

CaCC}; + SiO, + 3H,O + CO, 

~ 3H,O +- 2CO, + ('aSi01 (5a) 

MgCO, + SiO, I- 3H,O + CO, 

~ 31-1,0 + 2CO, + MgSiO, (5b) 



wide variety of contributing mi~erals and reac
tions, but they can be used to illustrate the 
most important aspects of the silicate-carbonate 

. weathering-...decarbonation cycle: Like carbonate 
weathering, silicate weathering Consumes CO2 
and yields cations and bicarbonate iOIlS that are 
delivered by rivers to the oceans. However, the 
sedimentation of carbonate minerals releases only 
some of the CO2 consumed during weathering. 
The remaining CO2 is released by decarbonation 
reactions that occur during burial, subduction, and 
other tectonic processes. 

Arrhenius (l896)' and Chamb6lin (T898) 
proposed feedback linkages among tectonic 
activity, atmospheric CO2 , chemical weathering, 
and carbonate deposition. Budyko and Ronov 
(1979) were the first to use silicate -carbonate 
feedback linkages to estimate past atmospheIic 
CO2 concentrations. They observed a con-elation 
betw.een volcanic and carbonate rock'abundances 
in the sediments of the Russian platform, and they 
calculated Phanerozoic atmospheric CO2 concen
trations by assuming a simple proportionality to 
rates of carbonate deposition. Walker ef al. (1981) 
contributed a very impmtant extension to this 
idea, proposing that the feedback mechanism is 
mediated by the climatic effect of atmospheric 
CO2, According to this hypothesis, higher atmos
pheric CO2 would increase the greenhouse effect, 
raising global temperatures and silicate weath
ering reaction rates, and providing a negative 
feedback to the CO2 increase. Conversely, an 
increase in silicate weathering would lead to a 
decrease in atmospheric CO2 and global tempera
tures, providing a negative feedback to the 
weathering increase. The CO2-climate feedback 
was adopted as a central concept in the 
time-dependent model of Berner ef al. (1983), 
popularly known as the BLAG model (see 
Section 8.09.4.2). 

Much debate has been devoted to the question 
of which of the reactions (3)-(5) "control" 
atmospheric CO2 . The BLAG model (Berner 
ef al., 1983; Berner, 1991) suggested that rates 
of silicate weathering (reaction (3)) have adjusted 
essentially instantaneously to maintain a steady 
state with respect to rates of CO2 production from 
decarbonation (reaction (5)). In this view, the rate
limiting step in the cycle is, therefore, the 
tectonically induced production of CO2 , Others 
have emphasized the importance of continental 
uplift as a factor that could affect atmospheric CO2 

through changes in weathering without neces
sarily changing the rate of decarbonation CO2 
supply (Raymo ef al., 1988; Edmond ef al., 1995). 
The two views are not incompatible because 
steady-state weatheling feedback can incorporate 
effects of uplift (Sundquist, 1991; Berner, 1991). 
There is now a broad consensus that both 

relationship between atmospheric CO2 and the 
silicate-carbonate cycle (see, e.g., Berner, 1994; 
Bickle, 1996; Berner and Kothavala, 2001; 
Ruddiman, 1997; Wallmann, 200Ia). 

It is very difficult to infer present-day values for 
the carbon fluxes and relationships relevant to the 
silicate - carbonate weathering - decarbonation 
cycle (see Table I(a)), and it is even more daunting 
to estimate how these interactions might have 
varied in the geologie past (Kump et ai., 2000; 
Boucot and Gray, 2001). The difficulty is 
further complicated by the suggestion that low
temperature hydrothermal reactions may precipi
tate significant quantities of Cae0 3 from 
seawater circulating through the upper ocean 
crust (Staudigel ef al., 1990; Caldeira, 1995; Alt 
and Teagle, 1999). The overall stoichiometry of 
these "sea-floor weathering" reactions is very 
complex, but they appear to be a process of global 
if enigmatic significance to the long-term oceanic 
carbon and alkalinity balance (Wallmann, 200Ia). 
Thus reactions (3 )-(5) must be considered illustra
tive not only in the sense that they are idealized 
representations of mare complicated reactions, but 
also in the sense that they may not represent all of 
the basic silicate-carbonate reaction types that 
contribute exchange of carbon between the Earth's 
crust and sUlface reservoirs. 

8.09.4.1.3 The organic carbon production
cOllsllmptioll~oxidatioll cycle 

Since the Precambrian, oxygenic photosyn
thesis and aerobic respiration have been the 
dominant reactions in the cycling of organic 
carbon (Des Marais et ai., 1992) (see Section 
8.09.5). The production of organic matter by 
oxygenic photosynthesis can be illustrated by the 
production of glucose: 

6CO, + 6H,O ~ C6H l20 6 + 60, (6) 

The transformation of glucose and other carbo
hydrates into the vast array of compounds that are 
buried and further transformed in sediments is 
beyond the scope of this chapter. The fundamental 
relationship in reaction (6) is the production of 
oxygen that accompanies the production of organic 
carbon. The aerobic cycling of organic carbon is 
completed by oxidative consumption, which can 
be illustrated by the reverse ofreaction (6): 

C6H,,06 -\- 60, ~ 6CO, + 6H,O (7) 

Reactions (6) and (7) demonstrate that the cycling 
of organic carbon is inherently associated with the 
cycling of oxygen. This relationship has two very 
important consequences. First, a net excess of 
organic matter production relative to oxidation is 
accompanied by net production of oxygen. 
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Conversely, a net excess of oxidation is 
accompanied by net consumption of oxygen. 
Thus, as long as reactions (6) and (7) have 
dominated the cycling of organic carbon, net 
burial of organic matter has been associated with 
production of atmospheric oxygen over timescales 
of millions of years and longer (Garrels and 
Lerman, 1981; Shackleton, 1987; Kump ef al., 
·1991·;Des-Maraisefal., 1992). BecoIld, through its 
linkage to the cycling of oxygen, the geological 
carbon cycle has also been intimately connected to 
the biogeochemical cycles of sulfur (see below), 
phosphorus, iron, nitrogen, and other elements that 
are cycled in forms that are sensitive to the 
oxidation state of their environment (Ingall and 
VanCappellen, 1990; Van Cappellen .. and Ingall, 
1996; Petsch and Berner, 1998; Berner, 1999). 

In keeping with our perspective that the modern 
cycling of methane can be viewed as a subcycle of 
the CO2 carbon cycle, we represent microbial met
hane production by the fermentation of glucose: 

and we represent methane oxidation by the 
stoichiometrically consistent reaction: 

3CH4 + 60, ~ 6H,O + 3CO, (9) 

The sum of reactions (8) and (9) is identical to 
reaction (7), demonstrating the treatment of 
methane production and oxidation as a subcycle. 

Under anaerobic conditions, microbial con
sumption of methane may occur by reactions 
such as: 

Reaction (10) illustrates an important connection 
between the cycling of carbon and sulfur. The 
bisulfide produced by this kind ofreaction is ofteu 
precipitated and buried in marine sediments as 
iron sulfide (Berner, 1982). Over geological 
timescales, the removal of iron sulfide from the 
Earth-surface sulfur cycle affects the oxygen cycle 
in a manner analogous to the net removal (burial) 
of organic carbon from the Eatih-surface carbon 
cycle. The bUlial of reduced forms of carbon and 
sulfur allows oxygen to accumulate in the 
atmosphere (Garrels and Lerman, 1984; Bemer, 
1987; Bcrner, 2001). Thus, the anaerobic 
consumption of methane may have played 
an important part in the geologic history of 
atmospheric oxygen. 

Global trends in the organic carbon production
consumption-oxidation cycle can be discerned 
from the carbon isotope record of marine 
carbonates. Because the formation of organic 
matter selectively assimilates 11(' (sec 
Section 8.09.2.1.1), changes in the relative 
proportiolls of net rcmovals or additions of 
organic and inorganic carbon arc reflected in thc 

ratio of 13C to 12C in the carbon of the oceans and 
atmosphere. Although the carbon isotope ratios of 
marine carbonate shells are affected by environ
mental and biological variables as well as by the 
isotopic composition of oceanic carbon, the record 
from fossil shells shows significant trends through 
the Pbanerozoic Eon that most likely represent 
global changes in the ratio of l3C to 12C in oceanic 
DIe (Figure ll).· More generally, the marine 
carbonate record is characterized by 13e: 12C 

ratios that are consistently greater than the 
corresponding ratio of the carbon released to the 
Earth's surface environment from the mantle 
(Schidlowski, 2001). This relationship implies 
that the burial of carbonates has been 
accompanied by burial of !3C-depleted organic 
matter. If mantle carbon reaches the Earth's 
surface with a al3c value of -5%0 (Deines, 
1992), and if carbonate and organic carbon are 
buried with O!3C values of 0%0 and -25%0, 
respectively, then the steady-state ratio of organic 
carbon bUlial to carbonate carbon burial can be 
calculated by isotopic mass balance to be 1: 4 
(Schidlowski, 2001). Variations such as those 
depicted in Figure II probably reflect transient 
changes in the relative rates of organic carbon and 
carbonate burial (Schidlowski and Junge, 1981; 
Berner and Raiswell, 1983; Garrels and Lerman, 
1984; Berner, 1987), as well as possible changes 
in the degree of fractionation of carbon isotopes 
due to changes in ocean/atmosphere chemistry 
and other environmental factors (Hayes et al., 
1999; Bemer ef ai., 2000; Bemer, 2001). This 
record is an important constraint on models of the 
geologic carbon cycle (sec Section 8.09.4.2). 

The fractionation of carbon isotopes between 
J3C-depleted organic matter and J3C-enriched 
carbonates is also observed in Precambrian 
sediments extending back to the Archean Eon 
(Schidlowski ef ai., 1983; Schidlowski, 2001). 
Prior to the early Proterozoic Eon, the cycling of 
organic carbon probably occurred through reac
tions and life forms that did not require significant 
levels of atmospheric oxygen (Holland, 1994). 
These early modes of organic carbon cycling and 
their relationships to ocean/atmosphere chemistry 
are discussed briefly in Section 8.09.5 and more 
extensively in Holland (2003). 

8.09.4.2 Model Simulations of Gradual Geologic 
Carbon-cycle Change 

The mechanisms of gradual geologic carbon
cycle change arc complex and poorly understood. 
They span a hroad range or timescales, and they 
include many poorly understood relationships and 
feedback. They present challenges to our under
standing of the cycling of many other elements in 
addition 10 carbon. lvlathcmatical modeling is an 
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Figure 11 Phanerozoic 813C trends ill marine carbonates. The central curve represents running means calculated 
llsing 20 Ma window and 5 Ma forward step. The shaded areas show relative uncertainties (Veizer et al. (1999); 

reproduced by pelmission of Elsevier from Chem. Ceo!., 1999, 161, 59-88 (figure to». 

essential tool in the quest for this understanding. 
Models provide a crucial device for quantifying 
relationships, formulating and testing hypotheses, 
and comparing simulated results to the evidence 
of the geologic record. Biogeochemists use 
models of the global carbon cycle as an iterative 
self-teaching tool, reconfiguring and reformulat
ing as new ideas and evidence emerge. 

The most widely cited and applied example of 
this iterative modeling approach is the work of 
Berner and coworkers on the development of the 
GEOCARB models (Berner el 01., 1983; Lasaga 
elal., 1985; Bemer, 1990, 1991, 1994, Berner and 
Kothavala, 2001). This effort, which began with 
the publication of the BLAG model twenty years 
before the writing of this chapter, is distinguished 
by its prolonged capacity to test innovative ideas 
and to incorporate eval ving insights (including 
many initiated by the criticisms of colleagues). 
The core of the GEOCARB model is a simple 
steady-state ocean-atmosphere carbon mass 
balance expression: 

Fwc+Fmc +Fwg+Fmg = Fbc +Fbg (11) 

where F we is the rate of weathering of carbonates 
(reaction (1)), Fmc is tbe production of CO2 by 
decarbonation (reaction (5», Fwa is the rate of 
production of CO2 by oXidative weathering 
of sedimentary organic matter (renetion (7). Flll!~ 
is the rate of production of CO2 by the 
metamorphism of sedimcnlary organic matter 
(reactions (7)--·(9», Fbc is the rate or burial of 
sedimentary carbonates (reactions (2) <lnd (4»), 

and Fbg is the rate of burial of sedimentary organic 
material (reaction (6)). Each of these terms is 
defined in the model as a function of variables that 
represent the estimated effects of subduction and 
tectonics (for F me and Fmg) and of land area, 
relief, climate, vegetation, and atmospheric CO2 

(for the weathering fluxes). The rate of CO2 

consumption during weathering of silicate 
minerals is expressed by the equation: 

Fws = Fbc - Fwc (I2) 

which simply represents the steady-state approxi
mation that the rate of carbonate burial will be 
equal to the Sum of the rates of bicarbonate 
delivered to the oceans from weathering of silicate 
and carbonate minerals. Using a model configured 
to represent the tirnewdependent behavior of ocean 
chemistry and reactive sediment interactions, 
Sundquist (1991) confirmed that carbonate sedi
mentation does indeed respond very quickly 
(within a few thousand years) to balance changes 
in weathering, and determined that the overall 
response time of weathering to changes in the 
terms in Equations (II) and (12) was on the order 
of a few hundred thousand years. Thus the steacly
state approximation of these equations appears to 
be reasonable for tbe timescales to which 
GEOCARB has been applied. 

The calculation of pas1 CCh levels llsing 
GEOCARB begins with the iterative solution of 
equations (J 1) and (12) and a parallel mass 
balance equation for carbon isotopes to yield 
{-luxes that are consistent with the carbonate 
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carbon isotope record (Figure II) and a variety of 
other sources of information for the factors that 
determine relative variations of the individual 
fluxes through time. Further iteration is then 
applied to derive atmospheric CO2 concentrations 
consistent with the steady-state weathering fluxes. 
GEOCARB results have shown the same general 
pattern through more than ten years of modifi

. cation andrcfinement(Figure 12). The calcnlated 
CO2 trend shows very high levels in the Early 
Paleozoic Era, a significant decline during the 
Devonian and Carboniferous periods, high values 
during the Early Mesozoic Era, and a decline 
beginning at ~ 170 Ma toward the relatively low 
values of the Cenozoic Era. 

Like all .geochemical simulations.requiring 
broad assumptions and extrapolations, the GEO
CARB results are not immune to criticism. Some 
have argued that the model does not adequately 
represent the effects of pre-Devonian weathering 
(Boucot and Gray, 2001), and others have takeu 
issue with the inference that atmospheric CO2 

plays a significant role in the climatic history of 
the Phanerozoic Eon (see, e.g., Cowling, 1999; 
Veizer et al., 2000; Wallmann (200Ib). While a 
number of independent modeling efforts have 
yielded results similar to those of GEOCARB 
(see, e.g., Tajika, 1998; Wallmann, 2001a), others 
have not (see, e.g., Rothman, 2002). There is 
general agreement that all models of Phanerozoic 
carbon eycling are poorly constrained by the 
incomplete and circumstantial nature of the 
geologic evidence. The ongoing assessment and 
evolution of the GEOCARB model exemplifies 
the effective use of what information is available. 

8,09.4.3 Geologic Evidence for Phanerozoic 
Atmospheric CO2 Concentrations 

Figure 12 shows some of the geologie evidence 
to which the GEOCARB model results are 
compared. The general Phanerozoic pattern of 
atmospheric CO2 (Figure 12, panel a) and derived 
radiative forcing (panel b) appears to cOlTespond 
to the pattern of continental glaciation episodes 
(panel d) in a manner consistent with a major 
effect of CO2 on global climate. However, this 
relationship does not appear to be robust in 
comparing the CO2 and derived radiative forcing 
to trends in low-latitude temperatures derived 
from the oxygen isotope ratios of marine calcite 
fossils (panel c). These discrepancies remain 
unresolved. It seems likely that the record of 
Phanerozoic climate and carbon cycling, like the 
more detailed record of Qualernary climate and 
carbon cycling described in Section 8.09.3, 
reflects the influence on climate of many 
complex factors including--,bul no! limited 
to·· .... -atmosphcric CO2 . 

Figure 12 also displays some of the proxy data 
to which model simulations of atmospheric CO2 

can be more directly compared. These proxy data 
have recently been reviewed by Royer et al. 
(2001) and Beerling and Royer (2002). All of the 
proxy measures are limited by significant 
uncertainties. 

The carbon isotope ratios of pedogenic carbon
ates have been used to infer atmospheric CO2 

concentrations from calculations based on a model 
for steady-state diffusive mixing with soil-respired 
CO2 in the soil profile (Cerling, 1991; Cerling, 
1992; Ekart et ai., 1999; Ghosh et al., 2001). 
Significant sources of uncertainty in this approach 
include the dependence of soil CO2 diffusion on 
temperature and moisture, the contribution of C3 

versus C4 plants to respired CO2, and the some
what arbitrary choice of values for the mole 
fraction of respired CO2 at depth in the soil. 

The extent of carbon isotope fractionation 
during photosynthesis is sensitive to atmospheric 
CO2 concentrations. This sensitivity has been 
used to estimate atmospheric CO2 concentrations 
from fossil marine and terrestrial plant residues 
(Rau et aI., 1989; Popp et aI., 1989; Marino and 
McElroy, 1991; Freeman and Hayes, 1992; Pagani 
ef aI., 1999a,b; Grocke, 2002; Beerling and Royer, 
2002; Pagani, 2002). Uncertainties in this method 
include (for marine plants) variations in the 
dissolved CO2 concentration of ocean surface 
waters and effects of temperature, salinity, and 
cell size and growth rate; and (for land plants) 
variations in canopy CO2 concentrations and 
effects of temperature and leaf·to-air vapor 
pressure. Analysis of alkenones extracted from 
marine plankton appears to show some promise 
of narrowing uncertainties but yields disparate 
estimates of Miocene CO2 levels (Freeman 
and Hayes, 1992; Pagani, 2002). Analysis of 
fossil land plants has demonstrated some 
encouraging correlations with carbon isotope 
anomalies recorded in marine carbonates 
(see, e.g., Koch et al., 1992), but efforts to 
reconstruct past atmospheric CO2 levels 
are much more tent&tive (Beerling and Royer, 
2002). 

Land plants take up CO, through leaf pores 
called stomates. C3 plants appear to regulate the 
number of stomates per unit of leaf area (stomatal 
density) to maximize CO2 uptake while minimiz
ing water loss through the stomates. The stomatal 
density of many modern plants has been shown to 
be inversely related to ambient CO2 concen
trations (Woodward, 1987; Beeding and Royer, 
20(2), and this relationship has been applied to 
analysis of stomatal densities offossil plant leaves 
(BeerlilH.!., 1993: Mcr~lwain and Chaloner, 1995; 
Rlllldgre~l and Beerling, 1999; Retallack, 200 I, 
2002: Beerling and Royer, 20(2). Although there 
is impressive support for this approach in its 
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Figure 12 Phanerozoic model results (Bemer and Kothavala, 2001) compared to climate indicators. Crowley and 
Berner (2001) describe this figure as follows: "(a) CompaIisol1 of CO2 conq!ntrations from the GEOCARB III model 
(Berner and Kothavala, 2001) with a compilation ofproxy-COz evidence (vertical bars~ Royer et ai., 2001). Dashed 
lines: estimates of uncertainty in the geochemical model values (Berner and Kothavala, 2001). Solid line: conjectured 
extension to the Late Neoproterozoic (~590-600 Ma). Reo,. ratio of CO2 levels with respect to the present 
(300 ppm). Other carbon~cycle models (Tajika, 1998; Wallniann, 2001b) for the pas! 150 Myr are in general 
agreement with the results from this model. (b) Radiative forcing for CO2 calculated from (Kiehl and Dickinson, 
1987) and corrected for changing luminosity (Crowley and Baum, 1993) after adjusting for an assumed 30% 
planetary albedo. Deep-sea oxygen isotope data over the pasllOO Ma (Douglas and Woodruff, 1981; Miller ef al., 
1987) have been scaled to global temperature variations according to Crowley (2000). (c) Oxygen isotope~based low
latitude paleotemperatures (Veizcr et aI., 2000). (d) Glaciological data for continental-scnle icc sheets modified from 
Crowley (2000) and Crowell (1999) based on many sources. The duration of the LIte Neoproterozoic glaciation is a 
subject of considerable debate" (Crowley and Berner (200 I); reproduced by permission of the American Association 

for the Advancement or SCi,~JlCl~ from Sci('!lce. 2001, 292, 87()·_·872 (figure I)), 
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validation for subtle Holocene CO2 trends 
(Ruudgreu aud Beerliug, 1999), its application to 
a larger range of CO2 variations and plant species 
remains uncertain. 

The ratio of the boron isotopes 11 B and lOB is 
known to depend on ambient pH in the boron 
incorporated in the carbonate shells of marine 
foraminifera (Sanyal ef al., 1996; Sanyal ef ai., 
2001). The use of boron isotopesas·anindicator 
for seawater paleo-pH has been extended to the 
calculation of past CO2 concentrations in ocean 
surface waters and in the atmosphere (Spivack, 
1993; Sanyal ef al., 1997; Pearson and Palmcr, 
1999, 2000; Sanyal and Bijma, 1999; Palmer and 
Pearson, 2003). Sources of unccrtainty in these 
estimates include the fractionation of boron 
isotopes during incorporation in carbonate shells, 
effects of diagenesis, the assumptions needed to 
calculate CO2 concentrations from pH, and the 
influence of changing boron isotope ratios in 
ambient seawater (Lemarchand ef al., 2000; 
Lemarchand ef al., 2002). The latter problem is 
especially serious for estimates based on samples 
older than the 15 Myr residence time of boron in 
the oceans. 

Given the discrepancies and uncertainties 
enumerated above, it is clear that the study of 
Phanerozoic carbon-cycle change does not enjoy 
the lUXury of a paleo-C02 "gold standard" 
analogous to the ice-core records of the Late 
Quaternary period. Measurements that reflect the 
global mass balance of carbon, such as the carbon 
isotope record of marine carbonates (Figure 11), 
remain the most powerful kind of evidence for 
analysis of gradual geologic carbon-cycle change. 

This approach requires geochemical models to 
quantify and test hypothesized relationships 
among global fluxes and reservoirs. 

8.09.4.4 Abrupt Carbon·cycle Change 

Like the concept of steady state described in 
Scction 8.09.2.2, the concept of "abrupt" change 
-requires' tlle 'context of a -particular timescale and 
frame of reference. In Section 8.09.3, we 
described examples of abrupt change in the 
context of the Late Quaternary ice-core record. 
Abrupt changes in the context of the Phanerozoic 
rock record might be viewed as leisurely tran
sitions from the perspective of Quaternary time
scales. ,A formal treatment of abrupt change is 
beyond the scope of this chapter. However, we 
describe two examples that seem to qualify as 
"abrupt" changes in the carbon cycle by any 
definition. 

About 55 Myr ago, a brief period known as the 
Late Paleocene thermal maximum (Zachos ef al., 
1993) is defined in marine and terrestrial records 
by a sudden increase in proxy temperature 
estimates and a very large decrease in the ratio 
of l3C to 12C (Figure 13). Most of the carbon 
isotope shift appears to have occurred within a 
period of a few thousand years (NolTis and Rohl, 
1999), suggesting that the cause might have been a 
redistribution of carbon from the terrestrial bio
sphere to the oceans and atmosphere. But the 
magnitude of the shift, ----2.5%0 to -3%0, would 
have required the transfer of an amount of 
terrestrial organic carbon equivalent at least to 
virtually the entire modern ten-estrial biosphere, 
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including soils (Dickens el 01., 1995). Instead, the 
most likely cause is a sudden transfer of 
methane hydrate to the ocean-atmosphere 
system (Dickens el aI., 1995, 1997; Dickens, 
2000). The extremely depleted ratio of 13C to J2C 
in methane means that only nearly one-third as 
much methane carbon must be transfened to 
account for the carbon isotope shift. Even so, the 
amount estimated .to .. haN'e _.caused ,the ",Late 
Paleocene isotope shift is on the order of 1,000-
2,000 Pg C. The precise mechanism of this 
methane release is not clear, but the hypothesized 
release appears to be consistent with the evidence 
for abrupt global warming and (assuming that 
the methane was rapidly oxidized to CO2 ) for 
CaC03 dissolution (Thomas and Shackleton, 
1996). The carbon isotope anomaly seems to 
have decayed somewhat exponentially over 
-150 kyr (Figure 13), which is comparable to 
the modem residence time of oceanic carbon with 
respect to sediment burial (see Figure 1). From 
evidence for an episode of widespread biogenic 
barium coincident with the carbon isotope 
anomaly, Bains el ai. (2000) suggested that 
oceanic productivity increased in response to a 
warming-induced enhancement of continental 
weathering and delivery of nutrients to the oceans. 
The Late Paleocene thermal maximum seems to 
provide not only an example of an abrupt event, 
but also an opportunity to document consequent 
feedback mechanisms ranging from climate 
change to carbonate dissolution to continental 
weathering and oceanic productivity. 

The Cretaceous-Tertiary boundary, -65 Myr 
ago, is defined by a bolide impact event 
putatively associated with the Chiexulub Crater 
in Mexico (Alvarez el ai., 1980). Among the 
cataclysmic environmental effects of this event, a 
large but uncertain quantity of CO2 was likely 
injected into the ocean-atmosphere system from 
the volatilization of CaC03 rocks at the impact 
site (O'Keefe and Ahrens, 1989; Pope el ai., 1997; 
Pierazzo el ai., 1998). Not surprisingly, a large 
simultaneous release of methane hydrate has 
also been hypothesized (Max el ai., 1999). 
Although the effects of these carbon transfers 
are greatly complicated by the wide range of 
biological and geochemical consequences of the 
impact, they provide another opportunity to 
document and analyze carbon-cycle feedback 
mechanisms. 

An understanding of geologically abrupt 
change requires not only evidence of the abrupt 
event itself, but also analysis of the sequence of 
subsequent responses. These responses may 
"cascade" through a wide range of timesca1cs, 
reflecting and pcrhaps shedding new light on 
many of the relationships between proce::;ses and 
timescalcs tlwt ch,u'acterize more gradual change. 
Further geological evidence is needed 10 deter-

mine the extent to which carbon-cycle change has 
occurred by abmpt rather than gradual transitions. 
If abrupt change turns out to be a significant 
mode of long-term carbon-cycle evolution, new 
theoretical understandings may be needed to 
accommodate more pronounced effects of non
steady-state relationships (see, e.g., Sundquist, 
1991). 

8,09,5 THE PRECAMBRIAN RECORD OF 
CARBON·CYCLE CHANGE 

Many aspects of the Precambrian history of the 
carbon cycle are summarized in Holland (2003). 
Although the carbon isotope record suggests the 
common existence of DC-depleted organic carbon 
of biological origin by 3 Ga, the atmosphere 
contained very little oxygen and the carbon cycle 
did not begin to resemble its modern form until the 
Late Archean Eon and the transition to the 
Proterozoic Eon (Des Marais el aI., 1992; Kasting, 
1993; Des Marais, 200 I). The earliest forms of life 
appear to have been based on fundamentally 
different modes of carbon cycling in which 
organic synthesis and metabolism occurred with
out the production and consumption of oxygen. 
Anoxygenic photosynthesis is observed in several 
forms of bacteria today, and the antiquity of these 
forms is suggested by analyses based on genomic 
sequencing and the molecular structure and 
function of key protein complexes (Mathis, 
1990; Schubel1 ef ai., 1998; Rhee ef ai., 1998; 
Xiong el ai., 2000; Hedges el ai., 2001). Early 
forms of life may have cycled carbon through 
redox reactions involving hydrogen, sulfur, iron, 
or non-biotic organic compounds (see, e.g., 
Walker, 1987; Widdel el ai., 1993; MacLeod 
el ai., 1994; Russell and Hall, 1997; Pace, 1997; 
Rasmussen, 2000; Kelley el ai., 2001). 

The origin of oxygenic photosynthesis is 
attributed to the cyanobacteria, which appear to 
have evolved hundreds of millions of years before 
the rise in atmospheric oxygen (Buick, 1992; 
Brocks el ai., 1999; Summons el ai., 1999; 
Des Marais, 2000). During the period of transition 
to oxygenated conditions, the oxygen produced by 
photosynthesis was probably consumed by reac
tion with reduced compounds except in particular 
oxygenated environments (Cloud Jr., 1968; 
Walker el oi., 1983; Kasting, 1987, 1993). The 
quantitative pace of the rise in atmospheric 
oxygen is a topic of livcly debate (Holland, 
1994, 2003; Ohl11oto, 1996; Holland and Rye, 
1997; Lasaga and Oh111010, 2002). The expansion 
of oxygen,lted conditions may have been affected 
by the evolving differenliation of the Earth's 
mantI.: and crust, changes in the oxidation 
state of volcanic gases. episodes of tectonic 
activity, hydrogen escape to space from the 
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upper atmosphere, and the increasing availability 
of stable cratonic platforms for more productive 
life forms and more active subaerial weathering 
(Walker el aI., 1983; Des Marais ef aI., 1992; 
Kasting ef al., 1993; Kasting, 1993,2001; Hoehler 
ef al., 2001; Catling ef al., 2001; Holland, 2002). 
The variety of processes affecting atmospheric 
oxygen must also have affected the cycling of 

'carbon, 3nd'-the' atmosphere may 'have contained 
both CO2 and CH4 at this time (Kasting, 1993; 
Hayes, 1994; Rye ef al., 1995), but see Kasting 
ef al. (1983). The cycling of CH4 by microbial 
production and consumption may have been so 
important that this period has been dubbed the 
"Age of Methanotrophs" (Hayes, 1994). High 
atmospheric -concentrations of -C02 and/or CH4 

were probably necessary in order to offset the 
lowered luminosity of thc Sun during this period 
(Sagan and Mullen, 1972; Owen el al., 1979; 
Kuhn and Kasting, 1983; Kasting ef aI., 1988; Rye 
ef al., 1995). 

As the oxidation state of the Earth's surface 
gradually changed, the anaerobic oxidation of 
methane via reaction (10) may have been an 
important transitional pathway (Hinrichs and 
Boetius, 2002), The first significant increase in 
atmospheric oxygen (the so-called "Great Oxi
dation Event") has been infened from a positive 
anomaly in the carbon isotope ratios of marine 
carbonates deposited between 2.22 Ga and 
2.06 Ga (Karhu and Holland, 1996). This shift is 
interpreted as an effect of increased organic 
carbon burial, leading to more atmospheric 
oxygcn as discussed in Section 8.09.4.1.3. The 
timing of this carbon and oxygen event is 
generally supported in the sediment record by 
the earliest appearance of redbeds (oxidized 
subaerial sediments) and by the disappearance 
of banded iron formations and detrital pyrite 
and uraninite (Cloud Jr., 1968; Walker el al., 
1983; Holland, 1994). Further support has been 
documented in the disappearance of sediment 
sulfur isotope signatures that could only have 
originated through mass-independent fractiona
tion in a low-oxygen atmosphere (Farquhar et af., 
2000). 

A second positive carbon isotope excursion is 
apparent in marine carbonates formed during the 
Neoproterozoic. This feature is punctuated by 
large oscillations associated with glaciogenic 
sediments that have been attributed to so-called 
"snowball Earth" conditions (Hoffman ef 01., 
1998; Hoffman and Schrag, 2002). Declining 
concentrations of both CO2 and CH4 have been 
hypothesized as causes of the onset of intense 
global glaciation during this time, and increasing 
CO2 has been hypothesized as a cause of 
subsequent deglacintiol1 (Hotrm'-1n and Schrag, 
2002; Pavlov ef III., 20(3). 

8.09.6 CONCLUSIONS 

It is clear that the carbon cycle and global 
climate are linked in many ways throughout the 
history of the Earth. But it is equally apparent that 
the complex interactions evident in the geologic 
record defy simple attribution of cause and effect. 
Collection of more data and further analysis and 
modeling will continue to improve our under
standing of these interactions, which are now so 
important to the near-term relationship between 
human activities and the global environment. 

Until recently, the paradigm for analysis of the 
geologic carbon cycle has been to focus on 
particular processes and carbon stores that are 
thought to be relevant to chosen timescales of 
interest (see, e.g., Sundquist, 1985; Sundquist, 
1986). This paradigm has provided a platform for 
development of a range of models, each appro
pdate to particular timescales. But the geologic 
record is revealing a growing anay of "abrupt" 
events that cannot be analyzed in this way. New 
models are needed with capabilities to span a 
broad range of timescales, from the abruptness of 
the events to the prolonged cascade of subsequent 
effects, The need for these models is urgent 
because the effects of current human activities 
must be viewed as a geologically abrupt event by 
any stand~rd. 
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